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Preface

Climate-induced glacier recession is a global phenomenon. However, only part of our
planet’s ice loss is directly linked to increased surface melt. Enhanced ice discharge to the
ocean is another mechanism, which for the Greenland Ice Sheet constitutes approximately
half of the mass loss. It is clear that glacier and ice sheet hydraulics play a central role
in this "dynamic mass loss". Routed through englacial drainage channels, melt water
produced at the ice surface accesses the glacier bed, where it accumulates and ultimately
finds its way to the glacier terminus. This water evacuation either raises or lowers
subglacial water pressures leading to either enhanced or suppressed basal sliding.

Whereas there is consent in the glaciological community that changes in basal sliding
affect dynamic mass loss of tidewater glaciers in Greenland and elsewhere, the details
of subglacial hydraulic processes are incompletely understood. The sign and magnitude
of sliding changes in response to increased melt runoff depends on the configuration
of the highly dynamic subglacial drainage system. Moreover, glacier beds can exhibit
different degrees of roughness or even deform in the presence of unconsolidated till layers
allowing for high sliding velocities. Unfortunately, monitoring the subglacial drainage
system and constraining the ice-bed interface typically requires difficult and expensive
deep drilling campaigns. Even if successful, such in situ approaches can only provide few
point measurements. As a consequence, basal sliding is still one of the least understood
processes in glaciology and dynamic mass loss in a changing climate remains difficult to
predict.

The present thesis documents passive seismic observations on the Greenland Ice Sheet
in order to assess subsurface water drainage and basal sliding. To this end, the author an-
alyzed 45 days of continuous seismic data acquired in summer 2011 over an approximately
3 x 3 km area on Western Greenland’s ablation zone. The seismic analysis revealed a
hitherto undocumented hour-long tremor signal caused by surface melt drainage into a
vertical englacial channel ("moulin"). Using the amplitude and frequency signature of
this moulin tremor, the author was able to constrain the geometry and evolution of the
englacial channel. Furthermore, using template matching and probabilistic hypocenter
locations, the author identified over 11,000 microseismic sources near the glacier base.
Waveform characteristics such as first motion polarities strongly argue for a shear fault-
ing mechanism. This, in turn, implies that at least part of the ice sheet motion occurs via
sudden stick-slip events rather than smooth sliding typically assumed for basal motion.
Furthermore, water pressures within the efficient subglacial drainage system modulate
the seismic magnitudes and inter-event times associated with some clusters of basal stick-
slip events. The author suggests that this testifies to microseismic stick-slip fault planes
within a soft bed of unconsolidated till, whose strength depends on subglacial water
pressures.

Using an innovative approach with continuous seismic records, the present work es-
tablishes new means to assess melt water drainage of the Greenland Ice Sheet and its
effect on basal motion. Evidence for microseismic stick-slip motion had previously been



reported in other parts of the cryosphere. Yet the abundance (over 11,000 events in
45 days) and the melt water influence documented here indicate that this sliding mode
is a non-negligible component of basal motion. Consequently, existing sliding theories,
which do not incorporate this mechanism, may have to be revised to allow for accurate
predictions of dynamic mass loss. In general, this present study underlines the growing
value of passive seismic techniques in glacier-related studies and their capability to high-
light subsurface processes, which are difficult to investigate with traditional glaciological
methods.

Zurich, April 2016 Fabian Walter

iv



Abstract

The Greenland Ice Sheet is, with currently 0.7-1.1mm per year, a major contributor
to the current global sea level rise. Its contribution has been increasing over the past
decades and is divided between surface melt and dynamic discharge (also referred to
as calving). Changes in dynamic discharge are linked to rising ocean temperatures,
which compromise the stability of marine-terminating ice streams. At the same time,
the increase in melt runoff may affect the flow dynamics of the Greenland Ice Sheet by
altering basal motion. The extent to which this mechanism plays a role in the mass loss
of the ice sheet is debated and is the motivation for this thesis.

The analysis presented here used passive seismic measurements to explore the sub-
glacial environment of a slow-flowing region (peak velocities of approximately 180ma−1)
near the western margin of the Greenland Ice Sheet. Between 2nd July and 16th August
2011, seismic data were acquired with a network of 17 seismometers. The instruments
were installed at the ice surface and in boreholes of up to 300m depth with a total net-
work aperture of about 1.5 km. The network recorded a broad variety of seismic signals
in different frequency ranges and amplitudes. In particular, short-term icequakes (du-
ration <1 s) related to fracturing, and long-term tremors (duration minutes to hours)
related to resonance of water were observed. Icequake sources are located at all depths
within the ice sheet and include the well-known shallow icequakes (surface crevasses) and
intermediate icequakes (hydrofracturing) as well as the lesser known basal icequakes.

More than 10,000 basal icequakes were located in the vicinity of the ice sheet bed.
They were grouped into 110 clusters, whose members shared high waveform similarity
indicating repeated rupture of the same seismic fault plane. Polarization analysis of P-
wave arrivals for individual icequake clusters revealed a double-couple source mechanism
interpreted as stick-slip motion. As these sources were distributed beneath the entire
study area, basal stick-slip motion was considered a main characteristic of the ice sheet
flow. Cluster locations and arrival time modeling revealed a complex ice sheet bed
topography consisting of a subglacial till layer of variable thickness. Several activity
patterns of clusters were correlated in icequake magnitudes and inter-event times with
the water level measured inside a moulin in the center of the seismometer network.
This water level represented subglacial water pressure within regions connected to the
efficient subglacial drainage system. Locally, this subglacial water pressure affected the
pore pressure within the subglacial till layer. As the till’s frictional strength depends on
its pore pressure, variations in subglacial water pressure can thus weaken or strengthen
the ice sheet bed and, with this, influence the inter-event time and magnitude of the
basal icequakes within one cluster. Different cluster activity patterns, therefore, reveal
the connectivity of ice sheet bed with the efficient drainage system connected to moulins.

Seismic tremor signals with a duration of 4-16 h are another focus of this thesis.
With a frequency content of 3-11Hz, the tremors were recorded in correlation to high
water level inside the central moulin. The tremor source was found to be located at this
moulin by applying amplitude attenuation techniques on signals recorded at all seismic



stations. These ’moulin tremors‘ changed amplitude, frequency content and particle
motion over the duration of one episode. Within this thesis was shown that the surface
stream impinging the water surface inside the moulin triggered the seismic signal, and
that the amount of inflowing water controlled tremor amplitude. Frequency content was
attributed to resonance following the model of a semi-open organ pipe. The changes
in frequency content for one tremor episode corresponded to a resonance body with
changing height between 20-75m. Accordingly, it is interpreted that at a depth of about
180m a kink in the englacial conduit forms the bottom of the resonating section of the
moulin. The particle motion was successfully modeled with two interfering source types:
(1) A cylindric source caused by the interaction of the water column with the conduit
walls, and (2) a single source caused by the interaction of the water column with the
resonator bottom. In addition, other details in frequency signature such as different
absorption bands were attributed to site effects in the vicinity of the moulin shaft.

The present thesis introduced the moulin tremors and stick-slip icequakes as new
seismic signals of the Greenland Ice Sheet. Since the ice sheet’s subsurface is diffi-
cult to access by applying traditional glaciological techniques, this work provides a new
perspective on ice sheet dynamics. Accordingly, the results show that passive seismic ob-
servations are a powerful technique for characterizing ice sheet flow and for monitoring
englacial and subglacial changes over timescales of milliseconds to several weeks.
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Zusammenfassung

Der Grönländische Eisschild trägt mit 0.7-1.1mm pro Jahr einen grossen Teil zum glob-
alen Anstieg des Meeresspiegels bei. Der Anteil ist während den letzten Jahrzehnten
kontinuierlich gestiegen und ist verteilt zwischen der Eisschmelze and der Eisoberfläche
und Eisabbrüchen ins Meer, dem sogenannte Kalben von Eisbergen. Die Veränderungen
im Kalbungsverhalten sind mit der Meeres-Temperatur an der Kalbungsfront verbunden
und führen zu einer Destabilisierung des Eisstromes. Auf der anderen Seite kann eine
stärkere Oberflächenschmelze die Fliessdynamik des Grönländischen Eisschildes beein-
flussen, indem mehr Schmelzwasser zum Gletscherbett gelangt und somit die Bedingun-
gen für das basale Gleiten verändert. In welchem Mass dieser Mechanismus wichtig für
die negative Massenbilanz des Eisschildes ist, wird aktuell rege diskutiert und bildet die
Motivation für die hier vorliegende Arbeit.

Die vorliegende Arbeit widmet sich dem Studium von glaziologischen Prozessen in
und unter dem Eisschild, bei welchen seismische Wellen erzeugt und ausgestrahlt werden.
Das Untersuchungsgebiet befindet sich in einer langsam fliessenden Zone (mit Spitzen
in der Fliessgeschwindigkeit von etwa 180ma−1) an der Westküste des Grönländischen
Eisschildes. Zwischen dem 2. Juli und 16. August 2011 wurden mit einem Netzwerk,
bestehend aus 17 Seismometern über ein Gebiet von etwa 1.5 km verteilt, kontinuierlich
seismische Wellen aufgenommen. Die 3-Komponenten-Sensoren waren auf der Eisober-
fläche oder in Bohrlöchern in bis zu 300m Tiefe installiert. Die Instrumente zeichneten
ein breites Spektrum an seismischen Signalen auf, welche sich in Amplitude und Frequen-
zgehalt stark unterscheiden. Hauptsächlich sind zwei Gruppen von Signalen beobachtet
worden: kurze Eisbeben (<1 s), welche von Bruchvorgängen im Eis herrühren, und lan-
ganhaltende Tremorsignale (Minuten bis Stunden), welche von Wasserresonanzen im Eis
charakterisiert sind. Eisbeben aus allen Tiefen des etwa 700m dicken Eisschildes sind
in den Beobachtungen enthalten, wobei oberflächennahe Eisbeben in der Anzahl über-
wiegen. Diese stehen mehrheitlich im Zusammenhang mit Gletscherspalten während
intraglaziale Eisbeben von ’Hydrofracturing‘ herrühren. Als letzte grosse Gruppe von
Eisbeben wurden basale Eisbeben nahe des Eisschildbettes beobachtet.

Ein Schwerpunkt der vorliegenden Arbeit gilt der Auswertung der mehr als 10’000
basalen Eisbeben, welche im seismischen Datensatz enthalten sind. Aufgrund der grossen
Ähnlichkeit in ihren Wellenformen lassen sie sich zu gut 110 Gruppen zusammenfassen.
Aus dieser Ähnlichkeit innerhalb einer Gruppe lässt sich schliessen, dass die Eisbeben
einer Gruppe vom gleichen Quellgebiet mit jeweils fast identischem Quellmechanismus
herrühren. Eine Analyse der Polarisierung der P-Welle für diese Eisbeben-Gruppen hat
gezeigt, dass der Quellmechanismus in der Regel einem Scherbruch in Fliessrichtung des
Eises entspricht. Dies wird als wiederholtes Haften und anschliessendes Rutschen des
Eisschildes über das Bett interpretiert. Aufgrund der Resultate der hier vorgestellten
und einer weiteren Studie besteht das Bett in dieser Region aus einer zwischen weni-
gen Metern über 80m mächtigen Schicht von subglazialen Sedimenten. Da die basalen
Eisbeben-Gruppen über das ganze Untersuchungsgebiet verteilt vorkommen, kann davon



ausgegangen werden, dass das ’Haftgleiten‘ eine typische Eigenschaft der Fliessdynamik
des Eisschildes in dieser Region ist.

Einige Eisbeben-Gruppen zeigen in der Eisbeben-Häufigkeit und -Amplitude eine
starke Korrelation zum Wasserstand, welcher in einer mit Oberflächenwasser gespiesenen
Gletschermühle im Zentrum des Seismometer-Netzes gemessen wurde. Der Wasserstand
in der Mühle entspricht dem subglazialen Wasserdruck in Regionen, welche mit diesem ef-
fizienten Teil des subglazialen Abflusssystems verbunden sind. Der sich mit dem täglichen
Schmelzzyklus ändernde subglaziale Wasserdruck beeinflusst den Porenwasserdruck der
Sedimentschicht und ändert daher deren Scherfestigkeit. Höherer Porenwasserdruck in
den Sedimenten führt dazu, dass die Scherfestigkeit des Materials abnimmt und somit die
Bedingungen für das Haftgleiten - und für die basalen Beben - ändern. Die verschiedenen
Arten der Aktivität von Eisbeben-Gruppen innerhalb des Untersuchungsgebietes reflek-
tieren damit die Komplexität und die Variation der Verbindung der jeweiligen Region
mit dem effizienten subglazialen Abflusssystems.

Neben den Eisbeben stehen seismische Tremorsignale von 4-16 Stunden Dauer im
Fokus dieser Arbeit. Die Tremorsignale haben einen Frequenzgehalt von 3-11Hz, der
eine starke Korrelation mit dem Wasserstand in der Gletschermühle im Zentrum des
Seismometer-Netzes zeigt. Unsere Aufzeichnungen dokumentieren eine Variation in Fre-
quenzgehalt und Amplitude während einer einzigen Episode sowie im Verlauf des gesamten
Beobachtungszeitraumes. Mit Hilfe der distanzbedingten Abnahme der Amplitude der
Tremorsignale konnte gezeigt werden, dass über den gesamten Beobachtungszeitraum
die seismische Quelle derselben zentralen Mühle zugeordnet werden kann. Die Anre-
gung der seismischen Quelle erfolgt durch den Wasserfall des in die Mühle einfliessenden
Wassers, der auf die Wasseroberfläche im Innern der Mühle trifft. Dabei bestimmt
primär die Menge des einfliessenden Wassers die Amplitude des seismischen Signals.
Der Frequenzgehalt der seismischen Signale dagegen wird primär von einer Resonanz
des Wasserkörpers im Innern der Mühle bestimmt. Die Höhe des Resonanzvolumens
ändert sich zwischen 20 und 75m und bedingt somit den sich ändernden Frequenzgehalt
des Tremors. Daraus lässt sich folgern, dass sich etwa 180m unter der Eisoberfläche
ein Knick im Schacht der Wassermühle befindet, welcher den Resonanzkörper nach un-
tenhin abschliesst. Die Analyse der Partikelbewebung zeigte ebenso die Abhängigkeit
mit der Wasserhöhe sowie der Distanz zur Quelle. Diese Wellen-Ausbreitungsmuster
konnte mit der Interferenz von zwei verschiedenen Quellmechanismen modelliert wer-
den: (1) Eine zylindrische Quelle, welche aufgrund der Interaktion der Wassersäule mit
den Eiswänden entstand, sowie (2) eine Quelle am unteren Ende des Resonanzkörpers
aufgrund des Schwingens der ganzen Wassersäule. Weitere charakteristische Details im
Bild der Tremorsignale, wie zum Beispiel Absorptionsbänder, können Effekten im engen
Zusammenhang spezifischer Geometrien des Mühlenschafts zugeordnet werden.

Mit der Entdeckung und Interpretation der basalen Eisbeben und dem Mühlen-
tremor erlaubt die vorliegende Arbeit wichtige zusätzliche Einsichten in das dynamische
Fliessverhalten des Grönländischen Eisschildes. Die Interpretation von passiven seismis-
chen Beobachtungen ist daher eine leistungsstarke Methode, um das schwerzugängliche
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Innere des Eisschildes zu erforschen und den Eisfluss zu charakterisieren und somit deren
Änderungen auf Zeitskalen von Millisekunden bis hin zu einigen Wochen zu beobachten.
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Chapter 1

Introduction

1.1 Context and Background

The Greenland Ice Sheet (GrIS) is in present time one of the major contributors to

barystatic global sea level rise (Box and Colgan, 2013). Due to accelerating ice mass

loss since the end of the 20th century (van den Broeke et al., 2009; Rignot et al., 2011;

Shepherd et al., 2012; Velicogna et al., 2014) and its present contribution of about 0.7-

1.1mma−1 (Enderlin et al., 2014; Khan et al., 2014; Moon et al., 2014), the GrIS has

become a key element for predicting the impacts of a changing climate. Thus, a solid

understanding of the interaction between rising air temperature and ice sheet dynamics

is crucial.

During the first decade of the 21st century, mass loss of the GrIS was equally divided

between surface melt and ice discharge (calving) from marine-terminating ice streams

(e.g., Joughin et al., 2008a; Rignot et al., 2011; Sasgen et al., 2012; Box and Colgan, 2013).

The accelerated mass loss coincides with the reported acceleration of the sliding velocity

of large outlet glaciers (e.g., Rignot and Kanagaratnam, 2006; Moon et al., 2012) and

increasing calving rates (Veitch and Nettles, 2012). Rising ocean temperatures resulting

in increased ice front melt at calving fronts were identified as main parameter (Rignot

et al., 2012; Joughin et al., 2008b; Holland et al., 2008; Walter et al., 2012b; Xu et al.,

2012).

Currently, the relative contribution of the surface meltrate to total mass loss increased

to about 84% (Enderlin et al., 2014). The impact of increased surface meltrate, especially

on the slower-flowing marginal areas of the ice sheet, is not well known. Basal motion

is the main characteristic of ice sheet flow and is primarily controlled by subglacial

hydrology and the nature of the glacier bed such as bedrock topography, roughness,

and soft or hard material of the bed (Cuffey and Paterson, 2010). Meltwater drains

to the glacier bed through moulins (vertical shafts connecting the ice surface with the

bed) and directly influences the basal water pressure at discrete points (McGrath et al.,

2011; Bartholomew et al., 2012). Thus, the simple concept that higher surface meltrates

1



2 Introduction

lead to higher basal water pressure and consequently higher basal motion velocity due

to lower basal friction (e.g., Iken and Bindschadler , 1986) points to a positive feedback

system: the ice slides faster to lower altitudes with warmer temperatures resulting again

in more melt. The subglacial hydraulic system, however, is more complex. Under the

influence of sustained high melt input, the subglacial hydraulic system evolves from a

distributed system towards a channelized system. Large subglacial conduits efficiently

drain large amounts of water and reduce the impact of changing amounts of meltwater

on basal water pressure (Bartholomaus et al., 2008; Bartholomew et al., 2010; Andrews

et al., 2014).

Understanding the processes at the base of the GrIS is required to predict its future

evolution under a changing climate. However, investigating the subglacial environment

of the GrIS is a difficult endeavor because of thick ice, rapidly closing boreholes, and

high deformation rates of the basal ice prohibiting the installation of sensors for long

time periods (Humphrey and Echelmeyer , 1990; Talalay and Hooke, 2007; Ryser et al.,

2014a). In this context, passive seismic monitoring is a powerful tool for spatial and

temporal continuous monitoring of processes within and underneath the ice sheet. The

fact that this is a rapidly evolving research field is demonstrated by the broad range

of observations from different types of glaciers and ice fields (e.g., Weaver and Malone,

1979; Anandakrishnan and Bentley , 1993; Deichmann et al., 2000; Roux et al., 2008;

Winberry et al., 2009a; West et al., 2010; Röösli et al., 2014; Helmstetter et al., 2015a).

1.2 Glacier-Seismology

A wide variety of seismic signals emitted within or underneath glaciers or ice sheets have

already been observed and sources are summarized in the schematic Figure 1.1. The most

commonly reported seismic signatures are called icequakes, which are related to processes

such as crevasse formation, englacial hydro-fracturing or (stick-slip) basal motion. The

icequake locations and the investigation of source mechanisms allow a three-dimensional

image of seismogenic dislocation processes inside a glacier to be made.

The majority of detected icequakes occur in response to opening and closing of surface

crevasses (Roux et al., 2008; Walter et al., 2009; Dalban Canassy et al., 2012; Mikesell

et al., 2012). Icequakes located at intermediate depths below the typical depth of surface

crevasses have also been detected on different types of glaciers but occur far less frequently

and require englacial water to compensate for confining ice overburden pressure (West

et al., 2010; Röösli et al., 2014; Helmstetter et al., 2015b). Moreover, deep icequakes

located at the glacier bed have been reported often. In Antarctica, so-called stick-slip

icequakes are widely observed and allow basal motion of fast-flowing ice streams to

be measured (e.g., Blankenship et al., 1987; Anandakrishnan and Alley , 1997a; Danesi

et al., 2007; Zoet et al., 2012). For glaciers on the Northern Hemisphere, numerous
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Figure 1.1: Model of the location of the seismic signals within a glacier that can be
observed with a seismometer. Seismic signals have been observed from surface crevasses,
en- and subglacial fracturing, water flow inside a moulin, calving fronts and others.

observations show the existence of basal icequakes, nevertheless, in addition to stick-

slip motion (Fischer and Clarke, 1997; Thelen et al., 2013; Allstadt and Malone, 2014;

Helmstetter et al., 2015a) they also indicate basal tensile fracturing (Walter et al., 2008,

2009, 2013; Dalban Canassy et al., 2013) as source processes. Furthermore, seismic

energy observed from calving fronts of marine-terminating glaciers generates so-called

glacial earthquakes observable on global seismometer networks (Ekström et al., 2006).

The Greenland Ice Sheet Monitoring Network (GLISN) for instance was specifically set

up to monitor these glacial earthquakes (Clinton et al., 2014). Finally, water flow can

also be observed directly via resonant long- and short-term seismic tremors (Métaxian

et al., 2003; Rial et al., 2009; Heeszel et al., 2014; Röösli et al., 2014; Bartholomaus et al.,

2015).

1.3 Study region in Greenland: Sermeq Avannarleq

Relatively few passive seismic observations have been conducted on the Greenland Ice

Sheet and these focus mainly on calving from fast-flowing outlet glaciers (Ekström et al.,

2006; Rial et al., 2009; Amundson et al., 2012; Walter et al., 2012a) or hydrofracturing

in connection with supraglacial lake drainage (Das et al., 2008; Doyle et al., 2012, 2013;

Jones et al., 2013; Carmichael et al., 2015). The focus of our project was a detailed

study on the ice dynamics of the slow-flowing part of the Sermeq Avannarleq region at

the west coast of the Greenland Ice Sheet. The study area is located about 30 km north

of Jakobshavn Isbræ’s terminus, one of Greenland’s largest and fastest (>15’000ma−1 at
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the terminus, Joughin et al. (2014)) outlet streams (Joughin et al., 2008a) draining about

7% of the Greenland Ice Sheet (Echelmeyer et al., 1991). Nevertheless, our study area

is not directly influenced by the dynamics of Jakobshavn Isbræ and the ice flows with

moderate peak velocities of up to 180ma−1 (Andrews et al., 2014) and with a separated

flow line (Figure 1.2).

Seventeen seismometers were installed on the ice surface in a network with an aperture

of about 1.5 km, and were operated for 45 days in July and August of 2011. With this

seismic network we targeted the observation of the seismogenic signals emitted through-

out and under the ice sheet.

The seismic campaign was part of the Real-time Observations of Greenland’s Under-

ice Environment (ROGUE), and part of a comprehensive glaciological field campaign

including a wide range of observation techniques such as deep borehole geophysics (pres-

sure, temperature, inclination) (Ryser , 2014), ablation measurements, surface velocity,

temperature, surface stream level, water level inside a moulin and more (Andrews et al.,

2014). The project was a joint effort of ETH Zurich with the Swiss Seismological Ser-

vice (SED) and the Laboratory of Hydraulics, Hydrology and Glaciology (VAW) and

US research partners from the University of Texas (Austin, TX), Dartmouth College

(Hanover, NH), NASA Los Alamos National Laboratories (LANL), and NASA Goddard

Space Flight Center (Greenbelt, MD). The outcome of this collaboration provides the

unique opportunity to interpret a high-quality seismic dataset in conjunction with a

broad variety of glaciological observations.

1.4 Objectives of the Thesis

The focus of the present thesis is the analysis of the seismological dataset of the ROGUE

project and the interpretation of seismic signals in the context of the interactions between

meltwater flow and glacier dynamics. The investigated seismic signals are conceptually

divided into three depth regimes within the glacier: (a) surface and upper part of the ice

sheet, (b) englacial signals connected with englacial water flow and (c) subglacial (basal)

icequakes influenced by changes in subglacial water pressure.

(a) A broad variety of seismic signals are expected to be emitted by glaciers (Figure

1.1) and thus investigated on the GrIS. Seismic data streams have been shown to

be dominated by icequakes related to surface crevasses (e.g., Mikesell et al., 2012),

but they also contain other signals such as intermediate icequakes and tremors (e.g.,

West et al., 2010). The occurrence of such seismic signals and their connection to

glacier flow and meltwater are investigated in order to derive a better understanding

of their role in the dynamic system of the ice sheet.
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Figure 1.2: Geographic location of study site with Swiss Camp, Illulisat and Jakob-
shavn Isbræ for reference. (satellite image: Landsat-8, 2013-06-21)

(b) Surface meltwater drains through moulins directly to the glacier bed (Cuffey and

Paterson, 2010). In situ investigations of moulins are difficult while water is present.

The seismic signal generated by the moulin is used as an innovative means to in-

vestigate and model the geometry of our central moulin and changes thereof. The

waveform is investigated to develop a conceptual model of the mechanism generating

seismic signal from the moulin.

(c) Observations on different glaciers and ice streams worldwide revealed that different

processes generate basal seismicity. For instance, on Alpine glaciers Walter et al.

(2008) observed basal crack-openings that are closely linked to low basal water

pressure. In contrast, in Antarctica, the occurrence of basal stick-slip icequakes

of marine-terminating ice streams is directly linked to ocean tides (e.g., Zoet et al.,

2012). Thus the role of subglacial fracturing and stick-slip motion for the GrIS is of

great interest. An icequake catalog of detected basal icequakes of the GrIS is com-

piled and the source processes of such basal icequakes are investigated. Further, the

analysis of their location, waveform and temporal occurrence in comparison to other

glaciological measurements like subglacial water pressure or surface velocity aims to

promote better understanding of the seismogenic component in glacier sliding.
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1.5 Outline

The results of this thesis are presented in three main chapters (Chapters 2, 3 and 4).

Chapter 2 presents a broad overview of different types of seismic signals that were ob-

served during the ROGUE campaign. The chapter focuses on a variety of seismic signals

observed in the near-surface part of the ice sheet (Figure 1.1, marked in yellow). The

existence of well-known surface crevasse icequakes, intermediate icequakes and narrow-

banded short-term tremor is interpreted and their connection to meltwater is discussed.

In addition, a new type of seismic signal is presented: a sustained tremor originating from

a moulin within the seismometer network. This seismic signature of englacial water flow

was recorded on the majority of the observation days during 4 to 16 hours and clearly

dominates the continuous seismic data stream in the lower frequency range (3-11Hz).

Tremor source location is found with help of tremor amplitude attenuation by expanding

the method of icequake location of Jones et al. (2013).

This tremor signal is also the focus of Chapter 3 (Figure 1.1, marked in green) includ-

ing a detailed investigation of the waveform characteristics. The model for describing

the mechanics of the seismic tremor consists of three main components: The inflowing

water falling onto the water surface inside the moulin is the trigger (1) generating (2)

a resonance within the moulin’s changing water column. The surrounded fractured ice

acts as (3) a propagation medium damping distinct frequency bands in the signal. The

model accounts for geometrical characteristics of the moulin and temporally changing

interaction between englacially flowing water and ice, which generates such a seismic

tremor.

Chapter 4 completes the description of seismic signals observed on an ice sheet. Ice-

quakes originating from ice sheet base revealed stick-slip motion as a major characteristic

of ice flow (Figure 1.1, marked in purple). With a detailed analysis of location, waveform

and temporal occurrence of basal icequakes, its connection with changes in subglacial

water pressure and glacier dynamics was demonstrated. More than 10,000 stick-slip ice-

quakes document the influence of the subglacial water pressure on ice sheet basal motion.

Furthermore, these events indicate that the rough and complex glacier bed consists of

heterogeneously distributed till. Hence, variations of subglacial water pressure influence

till strength very locally and thus the magnitude of basal motion.

Chapter 5 presents a summary and a discussion of the connections between the long-

term and short-term seismic signals presented, and how they interact with water flow and

basal conditions. Furthermore, additional findings are presented and their implication

for further work is described. Finally, in the Appendix, details and further information

mentioned in Chapters 3, 4 and 5 are provided.
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ABSTRACT: During summer 2011, seismic activity in the ablation zone

of the western Greenland Ice Sheet (GrIS) was monitored using a network of

three-component seismometers. The seismic record includes a large variety of

icequakes and seismic tremors which demonstrate a clear correlation to sub-

glacial water flow. We verified the existence of well-known shallow icequakes

(related to surface crevasse formation), deep icequakes (located in depth of

100-160m) and narrowbanded short-term seismic tremors (10’s of seconds in

duration). In addition, we present previously-unreported long-term tremors

lasting several hours. Using attenuation of the measured tremor amplitude,

we locate the epicentre of this long-term tremor to a large moulin within

our study area. Between 3 and 11Hz, our continuous seismic record is fully

dominated by this ‘moulin tremor’ and shows strong correlation to the wa-

ter level of the generating moulin. We argue that monitoring of icequake

and glacial tremor sources bears high potential for investigating glacier hy-

draulics and dynamics, thus is an ideal supplement to traditional glaciological

measurements.

2.1 Introduction

The relationship and potential feedback between changes in surface melt due to global

climate change and ice velocity on the Greenland Ice Sheet (GrIS) may play an important

role in future ice sheet mass balance (Zwally et al., 2002; Rignot et al., 2008). A clear

link between ice velocity change and surface melt-water availability has been identified

(Zwally et al., 2002; Das et al., 2008; Joughin et al., 2008a; van de Wal et al., 2008;

Palmer et al., 2011). However, the efficiency of the subglacial drainage system determines

how meltwater supply to the glacier bed enhances basal motion (van de Wal et al.,

2008; Bartholomew et al., 2010; Sundal et al., 2011; Sole et al., 2013). Consequently,

characterizing subglacial and englacial water flow is necessary to predict the effect of

increased surface melt on ice sheet dynamics. Traditional glaciological techniques, such as

tracer experiments (Werder et al., 2010; Chandler et al., 2013, e.g.,), borehole geophysics

(e.g., Iken et al., 1993) and ground-penetrating radar (Fountain et al., 2005; Catania

et al., 2008; Catania and Neumann, 2010) can provide valuable information of englacial

and subglacial water passages. However, the different techniques are mostly limited in

their spatial and temporal resolution.

As an alternative, seismic monitoring allows for detection, location and character-

ization of seismic sources related to dynamic and hydraulic processes throughout the

ice. Seismic techniques can target a glacier region, limited only by the seismic network

aperture, seismic signal attenuation within the ice and seismic background noise. In
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previous studies, seismic measurements have already been used to monitor glacier dy-

namics in both non-polar (e.g., Deichmann et al., 2000; Walter et al., 2008; Roux et al.,

2010; Dalban Canassy et al., 2012) and polar regions (e.g., Walter et al., 2012b; Winberry

et al., 2009a; Zoet et al., 2012). Seismic signals can be interpreted in terms of source pro-

cesses (Walter et al., 2009; West et al., 2010) and reveal insights into subsurface glacier

hydraulics. This approach is motivated by the analogy between fluid-related seismic

sources in volcanic environments (magma and water) and seismic signals detected on

glaciers related to water (Lawrence and Qamar , 1979; West et al., 2010). Findings from

volcano seismology and classical seismology techniques can therefore be applied for the

analysis and interpretation of seismic signals on glaciers (e.g., Dalban Canassy et al.,

2013; Jones et al., 2013).

Using data from a temporary high-density seismic network in western Greenland’s

ablation zone, we have identified seismic signals related to the presence or flow of water

within the ice sheet. Besides typical surface crevasse icequakes, we were able to identify

and locate icequakes at depth of over 100m (deep icequakes). However, the most promi-

nent signal is a re-occurring, sustained seismic tremor lasting several hours. Its epicentre

can be reliably located to the surface entrance of an englacial channel (‘moulin’). The

frequency signature of this ‘moulin tremor’ consists of discrete frequency bands, whose

temporal variations correlate closely with moulin water level. Our results confirm that

seismogenic processes typical for Alpine environments also occur on the GrIS. In addi-

tion the finding of the moulin tremor signal document a previously unreported signal.

This suggests that seismic monitoring may reveal new insights into the variability and

evolution of the ice sheet’s sub-surface drainage system in the ablation zone of the GrIS.

2.2 Study site

Our seismic network was installed on the flow line in the Sermeq Avannarleq ablation

zone (Figure 2.1), some 25 km downstream of Swiss Camp (e.g., Steffen and Box , 2001).

This relatively small and slow-flowing region is located about 30 km north of Jakobshavn

Isbræ, one of Greenland’s fastest flowing glaciers (12.6 kma−1, Joughin et al. (2008a))

draining about 7% of the entire GrIS (Echelmeyer et al., 1991). In our study area, the

GrIS has a thickness of approximately 620m (determined from deep drilling as described

below). Using ablation stakes we measured a surface melt of about 2m water equivalent

(w.e.) for July 2011 with total ablation of 6m w.e. per year. The ice flows with a surface

velocity of ∼100ma−1 exhibiting meltwater dependent diurnal and seasonal fluctuations

(Hoffman et al., 2011; McGrath et al., 2011).

The seismic network is located in an area with several supraglacial streams and a

few small lakes. The largest surface stream in our seismic network (averaged discharge

approximately 2.5m3 s−1) fed into a major moulin (labelled M1 in Figure 2.1) with an
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Figure 2.1: (a) WorldView-2 image (red band, from 20 June 2011, Polar Geospatial
Center) of study area and instrumentation. Seismic stations (triangles), epicentres of
the two deep icequakes discussed in the text (red stars), major moulins (red crosses),
surface stream gauge (yellow cross) and location of hot water drilling (green circles) are
shown. The core seismic network (blue triangles) was arranged inside a circle of 800m
diameter and supplemented with additional stations aimed at enlarging the network’s

aperture. (b) Location of study area (red circle) on the west coast of Greenland.

extension at the surface of at least 5m in width and 10m in length. Another moulin M2

is about one magnitude smaller in water discharge than moulin M1 and located about

200m south of M1. Surface crevassing inside and near the network was inhomogeneous,

varying between hair fissures and crevasses with surface widths up to 2m. At the study

site, the ice surface is completely exposed during July and August. The ice temperature

at the study site was measured with temperature sensors in boreholes. The ice column

consists of about 600m of cold ice overlying 20m of temperate ice at the glacier bed.

2.3 Experimental setup

The seismic network contained 17 seismometers recording between 2 July 2011 and 17

August 2011 (Figure 2.1). Nine 1Hz Lennartz LE-3D surface seismometers arranged
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around the perimeter of an 800m-diameter circle, formed the network core. Additionally,

three 1Hz Lennartz LE-3D/BH borehole seismometers were installed between 2 and

3m in depth to enlarge the network aperture. We furthermore deployed three 8Hz

borehole seismometers (GS11-D) in boreholes at depths between 150m and 350m. For

testing purposes we installed two co-located broadband seismometers (Trillium Compact

and Trillium Compact All Terrain, both 120 s corner period) inside the network. The

seismometers were each equipped with a Taurus digitizer from Nanometrics, continuously

recording at 500Hz sampling frequency.

In order to reduce effects of melt out and exposure to wind and rain, the surface

seismometers were installed in holes around 0.3m below the ice surface and covered with

a fleece tarp for insulation. The installation set up was similar to earlier deployments

in the Swiss Alps (Deichmann et al., 2000; Walter et al., 2008). Due to the high melt

rate, the seismometers were re-levelled every 1 to 2 days (depending on weather con-

dition). This levelling work and the occasional exchanges of CompactFlashr cards for

data backup made data gaps unavoidable. Station visits to the three LE-3D/BH bore-

hole seismometers were less frequent (every 4 to 5 days) as they were installed below the

ice surface. Nevertheless, high melt rates required reinstallation of these instruments on

several occasions.

The seismic network was installed around one of the ROGUE drill sites (Real-time

Observations of Greenland’s Under-ice Environment). One of the major ROGUE project

field activities was hot water drilling to the glacier bed. Additional borehole geophysi-

cal and glaciological measurements of the ROGUE project were made available to the

present study. These include measurements of borehole water pressures, surface veloc-

ities, surface melt and stream discharge into moulin M1 (Figure 2.1). In addition, we

used data from a water pressure sensor that had been lowered into the main moulin

(M1). Unfortunately, the absolute height of the pressure sensor is subject to consider-

able uncertainty and the moulin water level frequently fell below the sensor resulting in

data gaps. Despite these shortcomings, the sensor reliably measured moulin water level

fluctuations during high surface stream discharge.

2.4 Seismological Observations

Our seismic data document a large variety of glacier-related seismic signals, some of which

had been previously observed on non-polar glaciers (e.g., Deichmann et al., 2000; Roux

et al., 2008; Walter et al., 2008; West et al., 2010; Mikesell et al., 2012). Here we focus on

those events, which can be related to (melt-) water flow within the glacier. We distinguish

between short duration icequakes 0.1 seconds to several seconds in length, (Figure 2.2a/b)

and longer lasting tremor-like signals lasting minutes to several hours (Figure 2.2c/d).

The seismic events can furthermore be distinguished by frequency content. Whereas
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Figure 2.2: a-d show different types of events with its corresponding spectral content
calculated with the Fourier transform in right column. Note the different time scale
for the waveform (left column) and the resulting differences in total amount of energy
in the power spectrum density (PSD, right column), a= surface crevasse icequake with
P-arrival and dominant Rayleigh-wave, b1= deep icequake with dominant P-arrival,
higher frequencies, b2= deep icequake with resonance coda, c1= short duration tremor,

c2= also short duration tremor, d= long duration tremor

icequakes show a wide frequency spectrum in the 10-200Hz range (Figure 2.2a/b) tremor-

like signals are narrow-banded in the 1-10Hz range (Figure 2.2c/d).
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Figure 2.3: Sample waveform (vertical component) with red square marking events
discussed in Figure 2 (analogue a= surface crevasse icequake, b= deep icequake with

coda, c= narrow band tremor)

2.4.1 Detection of Short Duration Signals

Short duration icequakes occur up to 10 times per minute (Figure 2.3). We apply a clas-

sic short-term/long-term average (STA/LTA) trigger algorithm to detect short duration

icequakes in our continuous data (e.g., Allen, 1978; Withers et al., 1998). This algo-

rithm divides a subsection of a seismic trace into a short-term time window followed by

a long-term time window. Within both windows, the average of the squared amplitudes

is calculated. When the ratio of the two exceeds a user-defined threshold, the trigger flag

is turned on until the ratio falls again below this value. Following Dalban Canassy et al.

(2012) we choose 1 s and 10 s for the short-term average and long-term average, respec-

tively. We require a threshold of 3 for the STA/LTA ratio and simultaneous triggering

on at least 4 stations for the declaration of a detection. Note that the STA/LTA trigger

algorithm was applied to the vertical component seismograms only.

On average, 5400±2100 icequakes per day were detected. The absolute number of

triggered icequakes is highly dependent on the used threshold of the STA/LTA rate as

well as the required number of triggering stations. Following Walter et al. (2008), we

investigate potential changes in trigger sensitivity in Figure 2.4. In this Figure, each dot

indicates one icequake detection. On the y-axis we plot the median of maximum seismo-

gram amplitude at all recording stations (=signal strength in counts) against the trigger

time on the x-axis. Different point colours mark different days of icequake detection

(in UTC). Local time is UTC-2 h and time difference between sunrise and sunset varied

between zero hours (permanent sunshine) at the beginning of the seismic campaign (2

July 2011) and 17 hours at the end of the seismic campaign (17 August 2011).

Figure 2.4 shows that the maximum and minimum signal strength changes within one

day. In particular, during the early morning hours, relatively weak events are detected,

which are no longer detected during afternoon/night times. On Alpine glaciers, Walter

et al. (2008) and Dalban Canassy et al. (2012) linked such changes in icequake detec-

tions to melt-induced seismic background noise on the glacier: As meltwater availability

increases towards the afternoon, seismic background noise increases and the sensitivity

of the STA/LTA trigger algorithm decreases.
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Figure 2.4: Icequake signal strength as a function of time. Each point marks one
icequake. The color correspond to different days in UTC. Note the diurnal variability
in maximum and minimum detected signal strength, also visible in zoomed window of

figure 2.13a.

With diurnal changes in trigger sensitivity, any temporal statistics of icequake detec-

tion must be interpreted with care. Figure 2.5a shows the daily water heights (as well

as their mean) in the major surface stream feeding the main moulin M1 (Figure 2.1),

which can be taken as a proxy for the availability of surface melt. For the same time

window, Figure 2.5b shows the hourly icequake detections stacked from 4 July to 15 Au-

gust 2011 visible with the blue bars in the histogram. The icequake detection (blue bars)

reaches a global maximum around 7:00UTC when stream water height is near its daily

minimum and another local maximum near 19:00UTC. If we consider only icequakes

exceeding signal strength of 600 counts (green bars), the maximum in the early morning

hours dissolves completely. Increasing the signal threshold to over 800 counts (red bars)

has little effect on the overall appearance of the histogram and icequakes are rejected

evenly distributed throughout the day. This strongly suggests that the global detection

peak in the morning hours is due to weak signals that do not trigger detection in the

afternoon hours, caused by increases in background noise. By eliminating the effect of

trigger sensitivity (red and blue bars, Figure 2.5b), a clear diurnal variance in icequake

detection correlated to stream water height is visible.

2.4.2 Surface Crevasse Icequakes

The sample waveform in Figure 2.3 includes three different types of short duration ice-

quakes. Icequake type labelled with a (also Figure 2.2a) is characterized by a dominant

Rayleigh-wave and little or no visible P- and S-phase arrivals (e.g., Lay and Wallace,

1995). The frequency spectrum of this event type peaks between 10 and 50Hz. These
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Figure 2.5: (a) Water level in stream feeding moulin M1. Red line marks mean water
level of individual days (grey lines). (b) Number of triggered events (stacked) per hour
of day (UTC) between 4 and 15 August 2011 (blue). A diurnal trend with two local
maxima (morning and afternoon) is visible. When removing events with an amplitude
lower than 600 counts (green) or 800 counts (red) a diurnal systematic with higher

acivity in the afternoon/night is visible.

characteristics are typical for near-surface events associated with surface crevasse activ-

ity as previously investigated on Alpine glaciers (Deichmann et al., 2000; Walter et al.,

2009). Accordingly, we will refer to them as ‘surface crevasse icequakes’. Visual in-

spection of our continuous seismic record suggests that, similar to Alpine glaciers, these

events constitute the vast majority of our short duration seismicity. Therefore, the diur-

nal statistic of icequake detection reflects diurnal fluctuations in surface crevasse activity

most likely depending on melt water availability (Figure 2.5).

2.4.3 Deep Icequakes

Icequake type marked with b in Figure 2.3 and shown in Figure 2.2 panels b1/b2 is

characterized by impulsive first motions and dominant S- and P-phases and little or no

Rayleigh- wave. Their spectral content is shifted toward higher frequencies compared

to surface crevasse icequakes, with peaks often beyond 100Hz. These features resemble

Alpine icequakes, which locate at depths below the crevasse zone (Deichmann et al.,

2000; Walter et al., 2009), and we will refer to these events as ‘deep icequakes’. So far,
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we have identified two deep icequakes via visual inspection. Our large icequake volume

demands automatic techniques for a systematic search for deep icequakes (e.g., Hammer

et al., 2012). This is the subject of on-going investigation.
Our two detected deep icequakes exhibit an important difference: The waveform of the

event shown in Figure 2.2 panel b2 is followed by a narrow-banded coda of around 4Hz

(Figure 2.6), whereas it is missing for the second icequake shown in panel b1. The combi-

nation of impulsive high-frequency seismic events followed by a low-frequency coda often

occurs in volcanic environments and are known as hybrid events (e.g., Chouet , 1996).

The high-frequency content is likely related to brittle failure and purely elastic processes,

whereas the low-frequency coda is related to resonances in liquids or gases of magmatic or

geothermal origin. West et al. (2010) have proposed an analogy between glacier-related

hybrid events and equivalent sources on volcanoes. They explain hybrid events as water-

driven fracturing, so called hydrofracturing, followed by resonances caused by rush of

water into the newly opened space.

2.4.4 Location of Deep Icequakes

We use the location software package NonLinLoc (Lomax et al., 2000) to locate the two

deep icequakes. The impulsive onsets of P- and S-wave arrivals provide high-quality ar-

rival time measurements, which can be inverted for origin time and source location using

a non-linear, probabilistic approach. We assume a simple homogenous 1D velocity model

with a P-wave velocity of 3.6 km s−1 and S-wave velocity of 1.8 km s−1 after Walter et al.

(2008) and Rial et al. (2009). Each seismic phase arrival time estimate is associated with

an individual uncertainty between 0.002 s to 0.008 s accounting for different waveform

quality. The arrival time of S-waves is subject to higher uncertainties than for P-waves.

Furthermore, at some stations S-wave arrivals are not clearly visible.
With the arrival times and associated uncertainties, NonLinLoc computes the poste-

rior probability density function (pdf) of the earthquake location problem, which can be

irregular in shape and show multiple minima (Lomax et al., 2000). Dalban Canassy et al.

(2013) recently applied this technique successfully to icequakes recorded on Triftgletscher

(Swiss Alps).
Location results of NonLinLoc are shown by the maximum likelihood hypocentre

location, the scatter density cloud, and a traditional 68% confidence ellipsoid (Figure

2.7). The latter two describe location uncertainties as given by the network geometry

and uncertainties in arrival time (Lomax et al., 2000; Husen et al., 2003). Both deep

icequakes locate to the southwest of our core network at depths of 100m and 160m

below the ice surface (Figure 2.7). They both have a well-defined hypocentre location as

indicated by confidence region that are ellipsoidal in shape and compact. Moreover, the

confidence regions agree well with the 68% confidence ellipsoids showing maximum semi-

axes of 20m and 13m, respectively. The location uncertainty of the western icequake
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Figure 2.6: Spectrogram (lower) of deep event with its monochromatic coda (red
square, b) with the corresponding waveform (upper) filtered between 1 and 80Hz.
Furthermore, three surface crevasse related events are visible in the waveform and as

high energy spots in the spectrogram (a).

is slightly larger as it locates further away from the network centre, in particular in

the radial direction. As the icequakes locate outside the network, azimuthal coverage

is poor resulting in limited resolution in depth. However, a hypocentre location clearly

beneath the ice surface is in good agreement with the observed impulsive P- and S-wave

arrivals (Walter et al., 2008; Dalban Canassy et al., 2013). The icequakes are both located

outside the network clearly separated in their location but only by 30min apart in time.

Clustering of deep icequakes has been observed on Gornergletscher and Triftgletscher in

the Swiss Alps (Walter et al., 2008; Dalban Canassy et al., 2013). It remains unclear

at this stage whether deep icequakes beneath the GrIS will cluster in a similar way as
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Figure 2.7: Probabilistic location results of two deep icequakes shown in horizon-
tal plane view (east-north) and two vertical cross sections (east-height, north-height).
Results are shown as scatter density cloud (green points) and projection of the 68%
confidence ellipsoid (blue). The maximum likelihood hypocentre locations (black cir-
cles) of the icequakes locate at 100 and 160m below the ice surface, respectively, and

are located outside the network.

it is observed on Alpine glaciers. Detection of deep icequakes requires sophisticated

algorithms beyond simple STA/LTA trigger algorithms since surface crevasse icequakes

constitute the vast majority of the detected events.

2.4.5 Short Duration Narrowband Tremor

We observe tremor like signals that last 10’s of seconds (Figures 2.2 panels c1/c2, box

c in Figure 2.3), significantly longer than the above-described surface crevasse and deep

icequakes. Their energy concentrates in narrow frequency ranges below 10Hz and the

waveforms lack impulsive onsets and distinct body or surface wave arrivals.

Preliminary analysis of selected events indicates that they originate from outside the

seismometer network. Similar events have been observed in volcano seismology (e.g.,

Chouet , 1996) and various glaciers (e.g., Métaxian et al., 2003; O’Neel and Pfeffer , 2007)

where they were explained as resonances in fluid-filled cracks. This is also a reasonable

explanation for our study site in the ablation zone of the GrIS. It indicates that fluids

play an important role on glaciers not only for short duration narrowband tremor but

also for the tremor-like coda of deep icequakes (Figure 2.2b2).
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2.4.6 Long Duration Tremor

Visual inspection of spectrograms of the entire continuous seismic data set revealed hour-

long tremor signals (Figure 2.2d) typically starting in the afternoon hours. These events

occur on 29 days out of the 45 day-long monitoring period. Signal energy is concentrated

in the 2-11Hz range within distinct frequency bands (Figure 2.8c). Duration and signal

intensity vary between days of observation. The earliest tremor begins at 11:00UTC.

The latest ends at 5:30UTC. Tremor duration is between 4 and 15 h with an average

duration of approximately 6 hours. Visible in Figure 2.8, there exists a clear correlation

between water level in moulin M1 and start and end times of long duration tremor:

Tremor starts while water level in the moulin rises, and stops during falling water level.

Therefore, we will refer to this type of seismic signal as ‘moulin tremor’.
Seismic records of moulin tremors, bandpass-filtered in 2-5Hz range, show a cigar-

shaped envelope with no clear onsets or phase arrivals (Figure 2.8b) interrupted by

frequent icequakes. The concentration in low frequency (2-6Hz), smaller tremor am-

plitudes at the 350m deep borehole sensor compared to the sensor at 150m depth

(FX13/FX14) and horizontal particle motion concentrated in the radial component sug-

gest that Rayleigh-waves dominate the tremor signal. In the spectrogram, energy con-

centrates in discrete frequency bands. Below approximately 6Hz these frequency bands

do not change over time ( 1© in Figure 2.8c). However, above 6Hz the frequency con-

tent changes over time with increased energy at the beginning and end of the tremor

period and weak energy inbetween ( 2© in Figure 2.8c). As water level in the moulin

M1 rises (Figure 2.8a), these high frequencies quickly decay until the tremor reaches a

stable mode, where the frequency band below 6Hz stays mostly stable. Thus, the tremor

spectrogram appears symmetric with respect to its midpoint in time. This multi-level

U-shaped temporal evolution of energy during a single tremor episode points to a com-

plex source mechanism including amplification, resonance and absorption of the seismic

signal. The symmetry and the change in frequencies is apparent to a varying degree in

all moulin tremors.
Before we can discuss possible mechanisms for the observed moulin tremor and their

correlation to the water level measured in moulin M1 we need to confirm that the observed

tremor originates close to moulin M1. This will be done in the next section by employing

a grid search location algorithm with an amplitude decay model.

2.5 Moulin Activity as Source of Long Duration Tremor

As the moulin tremor lacks clear onsets or phase arrivals, we cannot employ traditional

seismic source location methods based on arrival time measurements. Consequently,

we determine tremor epicentre using the decay of signal amplitude attenuation with

distance. This technique was developed for the location of rockfalls, long-period events
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Figure 2.8: (a) Water level in moulin M1. Dashed line marks time when no data
are available. (b) Seismic waveform filtered between 2 and 5Hz. (c) Spectrogram of
24 h of observation showing the frequency content of the tremor. Black square marks
frequency and time range used for tremor location. 1© marks the band of dominating
energy at around 4Hz. 2© marks the frequency range where the energy anticorrelats to

water level in the moulin (a).

and eruption tremor sources at Piton de la Fournaise volcano, La Réunion (Battaglia and

Aki , 2003) and recently adapted for application on glaciers by Jones et al. (2013) (Russel

Glacier, Greenland). Jones et al. (2013) estimated location uncertainties with help of

seismic reflection shots. As we did not conduct calibration shots in our experiment, first

a synthetic data approach is needed for testing appropriateness of the procedure and for

error estimation.

2.5.1 Tremor Location by Amplitude Decay Model

The amplitude decay of a seismic signal measured at different stations is primarily a

consequence of geometrical spreading and of the anelasticity of the medium neglecting
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any local variations. It can be described by equation (2.1) approximating the study

volume by a homogenous half-space model (Battaglia and Aki , 2003; Jones et al., 2013):

A(ri) = A0
1

rni
e−αri

where α =
πf

Qβ

(2.1)

Equation (2.1) expresses geometrical spreading and anelasticity of the medium as a

power-law and exponential dependence on distance ri, respectively. Here, A(ri) is the

seismic amplitude measured at station i at distance ri to the source. Equation (2.1)

relates A(ri) with the amplitude A0 at the source and with the anelastic attenuation

coefficient α, depending on the seismic quality factor Q and wave velocity β valid for a

certain frequency of interest f . Seismic quality factor Q is accounting for the fractional

loss depending on properties of material between source and receivers (e.g., Lay and

Wallace, 1995). Parameter n refers to geometrical spreading for body waves (n = 1) or

surface waves (n = 1
2).

2.5.2 Local Tremor Amplitude Derivation

The amplitude of the tremor signal cannot simply be characterized by the maximum

amplitude at a specific time as different phase arrivals cannot be picked and correlated

between the stations (Figure 2.2d). Rather, we calculate the representative tremor am-

plitude by averaging over a 30min time window during strong and constant tremor signal

at as many seismometers as possible. In order to smooth the waveform, the root-mean-

squared (RMS) envelope is calculated for non-overlapping windows of 60 s. This 1-minute

window is chosen as a compromise between reduction of noise and smearing of informa-

tion. The envelope function is calculated for the 2-5Hz bandpass-filtered signal (two-pole

Butterworth filter) and its Hilbert transform (Jones et al., 2013). This frequency band

exhibits only marginal variation during tremor episodes (black box in spectrogram shown

in Figure 2.8c). The observation A(ri) is determined by calculating the mean value of

the RMS envelopes for 30min of consecutive 1-minute windows. In this study, only mea-

surements of the surface seismometer LE3D of the core network (FX01-FX09) are used,

because they have the same response function and were installed in a similar way, i.e.

similar coupling to the ice. A longer time window than 30min is not feasible as each

station underwent regular maintenance work introducing brief interruptions in recording.

Figure 2.9 shows an example of the calculated RMS wave form envelope during tremor

activity recorded at all stations. It suggests that the epicentre lies closest to station FX01,

and, hence, near moulin M1, because FX01 shows the highest RMS envelope. The time-

dependent amplitudes show a very high correlation between different stations and thus

reveal that they are dominated by energy emitted from the same source. Scattering and
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Figure 2.9: RMS envelopes (1-min windows) calculated during high tremor activity
for all stations. RMS envelopes show a strong correlation between different stations
indicating that the signals come continuously from the same source with slight changes

in emitted energy.

3D path effects are comparatively minor as the RMS envelopes change uniformly for

all stations. Hence, for source location procedure we may safely approximate the study

volume by a homogenous half-space model as implied by equation (2.1). In order to com-

pare different signal strengths for further computations, RMS envelopes are normalised

by those of the strongest station. We calculate the ratio between the station with highest

amplitude (closest station) and every other station for each 1-minute window. Idealy, if

we could separate the observed signal into tremor signal and ambient noise (including

e.g. icequakes and site effects), we could use the former for epicentral distance calcula-

tion and the latter to estimate the observation uncertainty. If the amplitude ratio for a

specific station relative to the signal at the epicentre-nearest station remains constant,

while the absolute amplitude is slightly varying over time, we interpret these relative

amplitude variations as noise and we use this noise as observation uncertainties. With

the estimated uncertainties for all our epicentre locations, we want to see if we can assign

the tremor signal unambiguously to the location of one particular moulin. Therefore, we

use the maximum observed variation of amplitude ratio of 9% as a conservative estimate

of the average observation error in our synthetic tests.

2.5.3 Grid Search Location Algorithm

We derive the epicentre location of the moulin tremor using n = 1
2 in equation (2.1) as

our tremor is dominated by surface waves. Since wave velocity β, quality factor Q and

source emitted amplitude A0 are unknowns, when locating the epicentre of the tremor
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source, we effectively solve a coupled inversion problem. We optimize for the model

parameters (α(β,Q, f), A0) and the two epicentre parameters (lat./lon.), that denote

r towards zero. As documented in several studies, Q and wave velocity can change

significantly depending on type of glacier, temperature, water content, frequency and

water saturation (e.g., Kohnen, 1974; Gusmeroli et al., 2010; Peters et al., 2012). All

further estimations of Q are made with wave velocity for surface waves of 1650m s−1

taken from experiments on Alpine glaciers (Roux et al., 2010). A frequency f of 3.5Hz

is chosen because it is the centre frequency of the analysed frequency band of 2-5Hz.

Using our RMS envelope A(ri), the epicentre is located by a double-nested grid search

procedure following Jones et al. (2013). We compare sets of observed and calculated

amplitudes at each station i by means of a least-square misfit function. The two-step

grid search procedure is more adept in finding the global minimum. The solution for

epicentre is found by curve fitting (see equation (2.1)) of the observed amplitudes with the

Levenberg-Marquardt algorithm (Moré, 1978) where the final location of the epicentre

is chosen with the minimal residuals of misfit calculated as L-2 norm.

Assessing location uncertainties, we performed a series of tests with synthetic data

mimicking the real situation at hand but with a priori known source location and seismic

model parameters as routinely done in earthquake tomography (e.g., Kissling , 1988). The

synthetic source location has been chosen inside the network in the vicinity of moulin

M1 in order to simulate the real data set as closely as possible. Only the most reliable

8 stations (FX01-FX08) are used for processing. Station FX09 was only running during

50% of the deployment period and hence not included in the synthetic tests. Theoretical

amplitudes A(ri) for each station are calculated with equation (2.1) using specific choices

of model parameters A0, Q, f and β.

Jones et al. (2013) estimated a Q = 35 for surface waves for a frequency of 20Hz

on the Greenland ice sheet and Métaxian et al. (2003) estimated Q = 3.4 for water for

low frequency events (<5Hz) on the ice cap of Cotopaxi volcano, Ecuador. As for our

study site the exact Q value is not known, first we tested the location procedure and its

sensibility on Q values with synthetic tests for variable Q values in the range of 2 to 35.

Figure 2.10 shows the result of the inversion with different Q values in top row without

error and in bottom row with a large error added to station FX06. We note that while in

all cases the region of minimal normalized residuals encompasses the true location, the

size of this region systematically increases with increasing Q value. With increasing Q

value, the exponential part of equation (2.1) representing the inelasticity of the medium

rises in weight of total attenuation of the amplitude. Due to station geometry, the shape

of this region of equal likelihood for source location is non-elliptic. We further observe

an accuracy estimate of 20m to 40m for single large observation error (of 9%) added to

FX06, which is a crucial station in the location procedure.



24 Seismic tremors and icequakes in the GrIS ablation zone

Figure 2.10: Panel a-c: Synthetic location tests with different Q-values as indicated
in the forward model for data without observation error. Panel d-f: Synthetic location
tests with different Q-values and an error of 9% added to amplitude for station FX06
to study effects of large error for a critical station. White cross marks the synthetic
source location (forward model) and the star marks the derived solution with offset dR.
The normalized L-2 norm of residual (colour coded) marks area of similar fit quality.
Changes in Q value do not affect the capability of finding the absolute minima within

the study area for epicentre location.

To obtain a quantitative uncertainty estimate of location procedure we performed a

Monte-Carlo simulation. For this test, synthetic amplitudes have been calculated with

Q = 4 as this value denotes the best average fitting of all real moulin tremor data

and our test documented no significant dependence of epicentre location on Q. Finally,

Gaussian distributed observation errors in the order of the above estimated maximum

real observation error (9%) are added to obtain synthetic data sets ready for inversion.

One hundred such data sets with variable noise added were calculated and inverted for

source locations. The results are visible in Figure 2.11 as a point cloud of blue dots.

The circumcircle encompassing all resulting locations has a radius extension of 63.9m.

The slight asymmetric clustering of resulting locations is explained by the geometrical

distribution of the stations around the synthetic source. However, we calculate the

circumcircle as we neglect the influence of the station geometries in order to assure

having an uncertainty including worst cases. From these results we derive an uncertainty

estimate of ±65m in latitude and longitude for any single location.

2.5.4 Tremor Source Location

With the described method it was possible to locate 23 out of 29 detected tremors

(Figure 2.12). Six tremors could not be located due to low signal-to-noise ratios or due

to a low number (<5) of recording stations. Grey dashed circles around each location

represent the maximum 65m of uncertainty. The epicentres of all tremors cluster around
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Figure 2.11: Results of Monte-Carlo simulation to estimate location uncertainties.
100 simulations (blue dots) were computed using f=3.5Hz and a surface wave velocity
β = 1.65 km s−1 and Q = 4. True simulated source location is marked with a black

cross. The circumcircle including all epicentres has a diameter of 127.8m.

the major moulin (M1) inside the station network. The precise extent of this moulin is

unknown though at least 5m in width and 10m in length. The positions of the moulins

(black cross) were measured with a handheld GPS in some distance to the moulin as it is

dangerous to go too close to the edge of a moulin. The horizontal location of the moulin

entrance is estimated with a precision of about ±20m (visualized with black circle in

Figure 2.12). Little is known about the moulin’s subsurface geometry; it is most likely a

chain of waterfalls with intermediate horizontal conduits or chambers.

All inverted locations except one are located within the accuracy of the moulin loca-

tion (Figure 2.12). The one outlier distinctively southeast of the other locations belongs

to a day when station FX01 has higher noise than usual and FX05 is missing due to

outage. However, we note that this tremor signal is clearly not connected to any other

moulin in the region and can still be assigned to moulin M1 with the estimated uncer-

tainty of ±65m. Moulin M1 inside the network was equipped with the pressure sensor

and the correlation between water level and tremor visible in Figure 2.8 is therefore no

coincidence.

The approach of equation (2.1) revealed a quality factor Q between 2.2 and 7.7.

This is rather low compared to other experiments (e.g., Peters et al., 2012; Jones et al.,

2013). However, we are analysing low frequencies (f=3.5Hz) and our calculated Q values
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Figure 2.12: Epicentre location results (blue dots) of all locatable moulin tremors
using the amplitude decay location method. Grey circles show expected uncertainty of
±65m as derived from synthetic tests. Black crosses mark the positions of moulins M1
and M2 with their expected uncertainty (black circle). Within their uncertainties all

moulin tremors locate close to moulin M1 inside the seismic core network.

are also directly depending on the (unknown) phase velocity (α(β,Q, f) is estimated).

The maximal change between calculations of Q with phase velocity β = 1500m s−1 and

1800m s−1, respectively, reveals a difference of 1.4 for the smallest α derived by the

fitting procedure. Therefore, we conclude, that the sensitivity on phase velocity β is

small. Our revealed Q values (with β = 1650m s−1) are similar to results observed on

Cotopaxi volcano, Ecuador (Métaxian et al., 2003) for water filled cracks. Therefore, we

assume, that our bulk Q-value is influenced by site effects of crevasses, possible water or

air cavities and inhomogeneity in the ice properties lowering the Q-value. Nevertheless,

the absolute Q-value is insignificant for our epicentre location at moulin M1 due to its

low influence on the absolute location (Figure 2.10).

2.6 Discussion

We have presented a variety of seismic signals from the GrIS (Figure 2.2), whose sources

are likely directly or indirectly related to the presence or flow of water. The moulin

tremor is the most prominent signal and its epicentre can be reliably located within a

few tens of meters of moulin M1. This moulin tremor can therefore be regarded as a

seismic signature of large-volume englacial water flow whose identification was the main

goal of the present study. To our knowledge, this type of seismic signal has not yet been
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reported in literature. A possible reason may be that advances in instrumentation have

only recently permitted recording of continuous seismic data in difficult terrain such as

glacial ablation zones.

At this point we can only speculate about the source mechanisms of the moulin

tremors. A potentially important fact is that we did not observe a tremor signal that

can be associated with the smaller moulin M2 at the edge of our seismic network. This

suggests a critical inflow, moulin conduit size and/or geometry is necessary in order to

generate a sustained tremor signal above the background noise. In view of the observed

relationship between frequency content of moulin tremors and moulin water level (Figure

2.8), the analogy to volcanic tremor should be noted. Interaction between solid walls of

magma chambers and cracks, fluids and gases have been proposed as source mechanism of

volcanic tremor (e.g., Julian, 1994; Chouet , 1996; Chouet et al., 1997; Lesage et al., 2002).

Equivalently, we suggest that in our case, the water-filled moulin acts as a resonating

body for acoustic and seismic waves possibly triggered by a waterfall inside the moulin.

Changes in water level within resonating chambers as well as changes in air-water mixture

may explain the temporal changes in tremor spectra.

Before applying numerical models of water resonances, hypocentres of moulin tremors

as well as changes thereof should be constrained. Our location procedure via amplitude

attenuation is not suited for this task, as it is based on surface waves, which cannot

resolve source depth. Alternatively, one could employ matched filter techniques using

body waves (e.g., Corciulo et al., 2012), which we plan to apply in near future.

Tremor spectra do not only change during a single tremor episode but also over the

course of our study period. Interpreting these temporal changes in terms of moulin ge-

ometry may provide important insights into the morphology of englacial water channels.

Geometries of englacial channels are rarely at static equilibrium, but permanently evolve

via the two competing mechanisms of melt enlargement and creep closure (Nye, 1953).

Temporal changes in tremor spectra would therefore highlight the relative efficiency of

these processes on both small (hourly) and seasonal time scales. Consequently, future

investigation should focus on moulin tremor sources.

Like moulin tremor, certain icequake sources can also be related to meltwater. So

far, we have located only two icequakes with maximal likelihood depths between 100 and

160m below the ice surface. We suggest hydrofracturing as a source mechanism for these

events for several reasons: First, reducing the effective pressure, water can induce tensile

fracturing even at depths where the ice-overburden usually inhibits crevasse formation

(e.g., Van der Veen, 1998). Second, one of the events is followed by a low-frequency

coda indicative for resonances of a water-filled cavity (West et al., 2010). And third, the

waveform pattern corresponds to icequakes in intermediate depth detected by Walter

et al. (2009) on Gornergletscher, which are characterized by moment tensor inversion as

tensile fractures.
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Figure 2.13: Panel a shows a zoom into 5 days of observation shown in Figure 2.4
with each point representing a triggered icequake with corresponding signal strength.
Panel b shows the RMS envelope of the waveform filtered between 2-5Hz. Each rise in
envelope corresponds to a moulin tremor with different intensity and duration. Panel
c shows the moulin water level and water level measured in the stream feeding into
moulin M1. Higher water level in the moulin coincidence with the occurance of the
moulin tremor however the correlation with the water level inside the stream has lower

influence on signal strength than high moulin water level.

On the other hand, surface crevasse icequakes are only indirectly related to meltwater.

As shown by the blue and red histograms in Figure 2.5, their activity tends to be highest

when surface melt reaches a maximum. Furthermore, flow velocity of the glacier likely

increases with melt, which promotes fracturing (e.g., Walter et al., 2008). We observe

strong similarity in the structure and timing of moulin water level, RMS envelope, and

icequake signal strength (Figure 2.13, between 26 July and 31 July 2011). The signal

strength in panel a is a zoom of Figure 2.4 illustrating the daily fluctuations in minimum

signal strength. Absence of weak icequakes is clearly visible in the afternoon/evening

hours. The RMS envelope (Figure 2.13b) for the continuous seismic record is calculated

in the dominant tremor frequency range and identifies 4 distinct tremor episodes. The

comparison between icequake signal strengths and RMS envelope shows that nondetec-

tion of weak icequakes coincides with tremor episodes. Consequently, when no tremor

activity is observed, the threshold for nondetection is significant lower throughout the

entire day. Therefore, we conclude that surface melt in the afternoon hours increases

the seismic noise level, however the moulin tremors influence the detection capability of

our network critically. As diurnal fluctuations in icequake detection capability have also

been reported on Gornergletscher, Switzerland (Walter et al., 2008), our observations

may indicate that Alpine glaciers also produce tremor signals influencing the seismic

background noise.

Figure 2.13c furthermore is a comparison of the water level in the moulin and in the
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surface stream, with the latter representing meltwater availability at the ice surface. The

stream water level shows a continuous diurnal pattern, where the moulin water level rises

only on several occasions above the pressure sensor. Possible explanations are temporal

changes in the complex drainage system consisting of crevasses, subglacial cavities as

well as subsurface streams feeding into the moulin (e.g., McGrath et al., 2011; Gulley

et al., 2012). In any case, the smaller influence of diurnal stream water level and RMS

envelope suggests that the surface water availability has a relative minor influence on

seismic background noise. Instead, higher RMS envelopes correspond directly to tremor

activity and show daily changes in duration and intensity. They are directly correlated

to high moulin water level and their spectral characteristic is most likely also related to

inflowing water and water level inside the moulin.

2.7 Conclusion

We successfully operated a dense surface and borehole seismic network on the GrIS in

summer 2011. Regular maintenance and re-levelling of the stations ensured high-quality

data with few data gaps. Our continuous data contain a large variety of seismic signals,

including shallow icequakes related to surface crevassing, intermediate depth icequakes

(100-160m beneath the ice surface) related to hydrofracturing, and tremor lasting from

several minutes to several hours. Qualitatively, our data confirm similarities to the seis-

mic signal variety measured on volcanoes (West et al., 2010). Our icequake catalogue

includes seismic signals whose sources are well understood from previous studies (e.g.,

Deichmann et al., 2000; Walter et al., 2009). The moulin tremor, on the other hand, is

a new observation relating seismic signal to englacial water flow. The tremor-generating

moulin constitutes a main hydraulic connection between the glacier surface and its bed.

With a total of about 150 hours of tremor signal, we plan to study the conditions neces-

sary to generate the observed characteristics of the tremor spectrum and the triggering

mechanisms of such long-duration signal. From these studies we expect a more in-depth

understanding of tremors on glaciers and, hence, of englacial and subglacial water flow.

Measuring englacial and subglacial water flow remains a challenge. However, seismic

monitoring in combination with other glacial observations (such as done in the ROGUE

project) broadens the perspectives to study hydrologic processes and reveals valuable

insights into the inaccessible regions of the ice sheet.
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ABSTRACT: Through glacial moulins, meltwater is routed from the

glacier surface to its base. Moulins are a main feature feeding subglacial

drainage systems and thus influencing basal motion and ice dynamics, but

their geometry remains poorly known. Here, we show that analysis of the

seismic wavefield generated by water falling into a moulin can help constrain

its geometry. We present modeling results of hour-long seimic tremors emit-

ted from a vertical moulin shaft, observed with a seismometer array installed

at the surface of the Greenland Ice Sheet. The tremor was triggered when

the moulin water level exceeded a certain height, which we associate with the

threshold for the waterfall to hit the surface of the moulin water column. The

amplitude of the tremor signal changed over each tremor episode, in close

relation to the amount of inflowing water. The tremor spectrum features

multiple prominent peaks, whose characteristic frequencies are distributed

like the resonant modes of a semi-open organ pipe and were found to depend

on the moulin water level, consistent with a source composed of resonant tube

waves (seismic waves) along the water-filled moulin pipe. Analysis of surface

particle motions lends further support to this interpretation. The seismic

wave field was modeled as a superposition of sustained radiated waves by

two different source types: A cylindric source, caused by the interaction be-

tween the water column and the ice walls, dominating the near-field, and a

seismic source generated by the interaction between the water column and

the resonator bottom, dominating the far-field.

3.1 Introduction

For a better understanding of recent glacier mass balance changes, and thus global sea

level rise, the impact of a warming climate on enhanced meltwater production and its

feedback with increasing glacier and ice sheet velocities have come recently into focus in

glacial research (e.g., Rignot et al., 2011; Box and Colgan, 2013). The characteristics and

evolution of the glacial drainage system are crucial components of glacier dynamics due to

their direct influence on basal motion (e.g., Zwally et al., 2002; Bell , 2008; Harper et al.,

2010; Bartholomew et al., 2012). Glacial drainage systems are complex networks that

may consist of cavities, conduits, and fractures at the glacier bed (Iken, 1981; Iken and

Bindschadler , 1986; Fountain et al., 2005; Gulley et al., 2009) undergoing strong changes

during a season (e.g., Sundal et al., 2011; Andrews et al., 2014). The development of the

drainage system from a pressurized distributed system to a low-pressure channelized

system controls the impact of changes in meltwater input to (local) basal water pressure

(e.g., Bartholomew et al., 2010; Chandler et al., 2013). Thus the characteristics and
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capacity of the drainage system defines the influence of (peak) meltwater input on basal

motion (e.g., Bartholomew et al., 2012; Andrews et al., 2014; Carmichael et al., 2015).

The main pathways routing meltwater to the glacier base are moulins, vertical shafts

fed by surface streams that constitute efficient hydraulic connections to the glacier bed.

Moulins deliver large amounts of meltwater to the glacier bed at discrete points and

change the subglacial water pressure on diurnal and seasonal time scales (Gulley et al.,

2012; Andrews et al., 2014). Moulins are presumed to form from hydrofracturing of

water-filled crevasses or surface lakes (van der Veen, 2007; Das et al., 2008; Benn et al.,

2009) and exist in ablation zones built through cold ice, possibly through more than

1 km thick ice. Moulins form at fixed geographical locations defined by the subglacial

bedrock topography and can be active for several years (Catania and Neumann, 2010).

The shape of the moulin conduit and its changes due to continuous meltwater flow are

barely known and difficult to investigate (e.g., Holmlund , 1988; Gulley et al., 2009). The

assumption of a vertical shaft directly connected to the ice sheet bed might be valid only

at first order; moulins are expected have complex geometries (Reynauld , 1986; Holmlund ,

1988; Schroeder , 1998; Vatne, 2001; Catania et al., 2008), possibly consisting of a series

of shafts with subsequent plunge pools and cavities (Holmlund , 1988; Gulley et al., 2009).

As shown by Röösli et al. (2014), the large amounts of meltwater draining through a

moulin can generate vibrations that can be measured as ground displacement by seismic

sensors. The occurrence, duration and frequency content of the seismic signal was found

to correlate with the water level measured in the same moulin. The moulin seismic signal

was characterized by an emergent onset with no clear P- and S-wave phase arrivals. This

characteristic is similar to a volcanic tremor (Chouet , 1996), a phenomenon regularly

observed during the movement of magma, and has a long history in volcano seismology

research (e.g., Minakami , 1974; Aki et al., 1977).

Chouet (1985) analyzed volcanic tremors and introduced a model of vertical cylin-

drical pipe filled with fluid magma in which waves excited by a triggering mechanism

resonate. The interaction of the magma with the solid walls and the bottom of the res-

onating chamber emits seismic energy with sharp spectral peaks. Chouet (1985) pointed

out that, to understand the detailed processes, the resonance effects need to be separated

from other normally lower energetic effects such as excitation and propagation (Lesage

et al., 2002). This model of a vertical cylindric fluid-filled pipe is analogous to a moulin

shaft filled with water.

In this study, we investigated and modeled different components of seismic moulin

tremors observed on the Greenland Ice Sheet to define a first-order physical model of the

tremor source. Our model consists of the inflowing water acting as excitation of acoustic

waves in the water-filled, cylindric shaft, which then acts as a resonator. We combined

observations of tremor amplitude, frequency content and three-component particle mo-

tion to constrain model parameters related to moulin geometry and its evolution during
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the 42-days observation period. In particular, we were able to model the frequency con-

tent of the resonating seismic energy using a semi-open organ pipe model. The modeling

constrained the bottom of the resonator to about 180m below surface corresponding to

around 30% of the ice thickness. Furthermore, we modeled the composition of the wave-

field as a combination of a bottom source (water column interacting with the bottom of

the resonator) and a cylindric source (water column interacting with the conduit walls)

using the orientation of the particle motion ellipses. Thus we were able to observe and

monitor the englacial interaction between large amounts of meltwater and the ice sheet

generating the seismic tremor.

3.2 Seismic Observations

Our study is based on data from a seismic network that operated in July and August 2011

in the ablation zone of the western Greenland Ice Sheet. It consisted of seismometers

(Figure 3.1a) installed on the ice surface and in boreholes. The core network comprised

nine Lennartz LE-3D seismometers (FX01-FX09) installed inside a 800m circular con-

figuration. Three additional shallow borehole seismometers (2-3m depth, Lennartz LE-

3D/BH, FX10-FX12) enlarged the aperture of the network. Unfortunately, station FX11

suffered an early outage and could not be used for most of the analysis. The seismome-

ters have a flat response between 1 and 80Hz. Each seismometer was equipped with a

Nanometrics’ Taurus digitizer, continuously recording at 500Hz sampling frequency.

A large moulin (Figure 3.1b) with an opening diameter at the surface of approximately

5-10m was located inside the core network and was fed by a surface stream with up to

5m3 s−1 peak water discharge. On average, the stream drained 2-3m3 s−1 of water with

large daily variations but never dried completely (Röösli et al., 2014). The water level

of the stream was monitored but, due to fast changes of the stream bed shape, flow

estimates were poorly constrained.

The moulin into which the stream flowed was equipped with a pressure sensor measur-

ing the water level. The sensor was installed 163m below the ice surface. Therefore, we

were unable to measure water levels lower than 163m, which created data gaps mostly in

the morning hours. Additional observations obtained during the comprehensive glacio-

logical campaign covered various aspects of the glacial dynamics, and can be found in

Andrews et al. (2014), Röösli et al. (2014) and Ryser et al. (2014b).

3.3 General Tremor Characteristics

During the seismic campaign, the seismometers recorded strong tremor activity most

of the days. The tremors lasted from 4 to 16 hours, with an average duration of 6

hours (Figure 3.2 and Appendix A). The glacial tremor was characterized by a rather
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Figure 3.1: a: Map of the seismometer network (black triangles) with the moulin in
the center (blue cross). b: Moulin with inflowing stream and small snow bridge. The
stream feeding the moulin is about 1.25m wide. Picture was taken on 8 August 2011

(Andreas Bauder), shortly before the collapse of the snow bridge.

abrupt onset but no distinct P- or S-wave arrivals, which is a well known characteristic

of volcanic tremors (e.g., Chouet , 1996). Therefore, location techniques based on wave

arrival times, as routinely applied for earthquake location (e.g., Lomax et al., 2000),

could not be used. Instead, the source location was determined by the attenuation of

tremor amplitude across the seismic network by Röösli et al. (2014). The tremor source

was located in the vicinity of the large, central moulin inside the seismic network (Figure

3.1a, blue cross). The frequency content of this “moulin tremor”showed strong correlation

with the moulin water level (Röösli et al., 2014). It was therefore hypothesized that the

tremor is caused by meltwater flowing into this englacial channel.

In order to visualize the main tremor characteristics, spectrograms highlight the dis-

tribution of energy as a function of time and frequency (Figure 3.2). Spectrograms were

processed using a moving window of 32.8 s and an overlap of 80%, chosen due to the

trade-off between temporal and frequency resolution (empirically estimated). Figure 3.2

shows spectrograms of four tremor episodes with varying duration recorded by station

FX01 (Figure 3.1). In the Appendix A, the time series for the entire observation period

for stations FX01 and FX06 are shown.

A striking feature in the spectrogram and filtered (Butterworth, 2-pole, 2-11Hz)

waveforms is the abrupt start of maximal energy density (Figure 3.2, label 1) and its U-

shaped change in frequency content during each tremor episode (label 2). A systematic

change in amplitude over time is indicated by the changes in color (purple is high energy,
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Figure 3.2: a-d: Spectrograms (lower panels) for four tremor episodes with filtered
waveforms (2-11Hz, middle panels) and the concurrent water level measured inside
the moulin drawn as distance from surface (upper panels, dashed line denotes times
when the water level was below sensor). Numbers label main characteristics of the
moulin tremor: (1) abrupt beginning and end; (2) 2-3 visible “thick”bands of energy
(middle one is labeled). The third band is best visible in spectrogram C; (3) changes
in amplitude of the emitted seismic energy; (4) cigar-shaped filtered waveform. Second
order characteristics: (A) constant and horizontal bandgaps with lack of energy (B)

small bandgap correlating with the water level inside the moulin (top panels).

Figure 3.2 label 3) and by the amplitude of the filtered waveform in the middle panel

(Figure 3.2 label 4). Second order effects, not investigated in this paper, include hori-

zontal bands of absorbed energy (Figure 3.2 label A), hereafter called “bandgaps”, and

very thin, gliding bands of absorbed energy in some tremor episodes (Figure 3.2ab and

label B). Initially one, and later in the season two gliding thin absorption bands (Figure

3.2 a and b, respectively) with frequency dependent on moulin water level (Figure 3.2,

top panels) were observed from 4 July to 30 July 2011 (Figure 3.2cd and Appendix A).

Both types of energy absorption bands, horizontal and “gliding”, were measured on all

seismic stations, thus these features were source related.
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Figure 3.3: Seismic waveform (vertical component) observed during a tremor episode
with stations FX06 and FX07, installed in 205m and 377m distance from the source,
respectively. The high waveform similarity demonstrates the coherency of the seismic
signal measured on different seismic stations. a: Unfiltered and aligned waveforms
withthe moulin tremor (low frequency) superimposed by high frequency noise and local
high frequency icequakes (marked with the arrows). b: Filtered waveform (shown in
a, 2-pole Butterworth-filtered between 3 and 5Hz), emphasizing the coherency of the

moulin tremor.

3.3.1 Tremor Waveforms and Frequency Distribution

Röösli et al. (2014) and Walter et al. (2015a) showed that the moulin tremor was char-

acterized by a high level of coherency and dominated the signals observed within the

seismometer network between 3 and 5Hz. Figure 3.3a shows unfiltered waveforms for

stations FX06 and FX07 located at 205m and 377m distance from the moulin, respec-

tively. Waveforms are aligned to account for different arrival times. Both waveforms

are dominated by the low frequency tremor (with different amplitudes) overlaid with

high frequency noise and spiky signals from high frequency local icequakes (Röösli et al.,

2014) (Figure 3.3, marked with arrows). Filtering the waveform between 3 and 5Hz

(Figure 3.3b, 2-pole Butterworth-filtered) enhances the coherent waveform pattern and

emphasizes the high similarity.

The Fourier spectra shown in Figure 3.4 illustrate the typical distribution of energy

in different frequency ranges at the beginning of a tremor episode. The power spectrum

density (PSD, y-axis) of seven stations installed at different distances from the source

was calculated from a 2 hour-recording of the vertical component for frequencies between

2 and 11Hz (Figure 3.4, ordered by increasing station distances from a to g). Multiple

spectral maxima are observed at similar frequencies at all stations. The relative peak
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relative distribution of the energy between the individual peaks per station. Note, even
for FX10 individual peaks are visible. h: analogue to a and g thus with same y-axis

scale.

amplitudes, however, are different. For the two closest stations (Figure 3.4ab) and the

farthest station (FX10, Figure 3.4g), the lower three energy peaks at 4.1, 4.9 and 5.6Hz

have higher amplitude than the upper two maxima at 6.3 and 7.2Hz. For stations at

intermediate distance of 500-600m (Figure 3.4ef), the lowest energy peak of 4.1Hz is

weaker than the second and third peaks. The different relative peak amplitudes are

possibly caused by the different attenuation characteristics of different wave types, for

instance a faster attenuation of body waves (distance−1) than surface waves (distance−
1
2 ),

or by an asymmetric radiation pattern (Lay and Wallace, 1995).

3.4 Source Model

To propose a physical source model, we build upon experience gained in volcano seis-

mology. Chouet (1985) investigated seismic long-period volcanic events and developed a
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Figure 3.5: Source Model of the moulin tremor with trigger and resonator body,
changing height depending on the moulin water level. We propose that the waves are
generated by the interference of two different types of sources: A cylindric source caused
by the interaction of the water column with the solid ice walls and a bottom source

caused by the interaction of the water column with the bottom of the resonator.

model of buried, vertical fluid-filled pipe. He modeled the source of harmonic volcanic

tremors as the resonance of tube waves (fluid-solid interface guided waves with wave-

length much larger than the pipe radius) along a magma-filled volcanic pipe, triggered

by excess gas pressure. His model consists of a cylindrical pipe, a circular disk shutting

off its bottom, and an open surface at the top (trigger location).

Our analogous model for moulin tremors is shown in Figure 3.5 with the water-filled,

vertical moulin shaft as fluid-filled pipe interacting with the solid ice walls and a water

fall hitting the water surface as trigger. We observed moulin tremors only when the

moulin water level rose above a certain value. We interpret this threshold behavior as

follows. If the waterfall jet impinges directly on the water surface, it efficiently excites

water acoustic waves and leads to seismic moulin tremors. If the water jet impinges on

the moulin ice walls or on a plunge pool, no moulin tremor is excited.

Similar to the magma-filled cylinder model of Chouet (1985), the moulin is filled with

water acting as a resonating body that concentrates and therefore amplifies the triggered

energy in specific frequency bands. This energy was radiated into the ice (propagation

medium) and then recorded by the seismic sensors. The frequency content of the source

of seismic waves is controlled by to the height of the water column following the sequence

of resonant modes of an semi-open organ pipe (Chouet , 1985). The moulin geometry may

be constriced at the bottom by a kink. If this geometrical restriction induces significant
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change of impedance for tube waves, it constitutes an effective end of the resonant body.

In our simple model, we assume that the cylindrical, vertical moulin pipe is effectively

closed (for tube waves) at the bottom (Figure 3.5).
The model predicts a systematic variation of the particle motion of tremor signals as

a function of distance from source and of the moulin water level. The seismic signal was

a combination of waves generated by two source types: The deformation of the moulin

walls induced by tube waves, hereafter called cylindric source (Figure 3.5, green), and the

diffraction of waves at the bottom of the resonance body, hereafter called bottom source

(Figure 3.5, purple). Chouet (1985) demonstrated that energy emitted by the cylindric

source dominates near- and intermediate-field seismic waves, whereas the bottom source

attenuates less with distance and dominates the far-field.
Particular to our system is the continuous triggering of the seismic signal by the

surface stream continuously feeding the moulin system. This sustained source generates

the hour-long, continuous tremor signal.

3.4.1 Triggering of Moulin Tremor

The moulin tremor was solely active when the water level inside the moulin rose several

meters higher than the pressure sensor (installed at about 163m below surface, Appendix

A). The moulin tremor energy was observed mostly in frequencies below 11Hz (Figure

3.2). We calculated the energy recorded by the closest station FX01 (Figure 3.1) by

integrating the PSD between 3 and 11Hz (Figure 3.6, green curve). We compared the

total amount of energy per time window (32.8 s) with the water flux, represented by

the water height of the surface stream (Figure 3.6a, dark blue), and with the moulin

water level (Figure 3.6b, light blue). The beginning and end of the tremor episodes were

defined by sudden changes of coherency between waveforms (Appendix B). Coherency

was assessed using the cross-correlation factor of a sliding window comparing waveforms

between several station pairs.
The energy shown with the green curves in Figure 3.6 has maximum values (light

green bands) near the beginning of a moulin tremor episode and a continuous decay over

the duration of the tremor. The qualitative comparison of the tremor amplitude with the

water level of the surface stream (Figure 3.6a) and the moulin water level (Figure 3.6b)

reveals that maximum tremor amplitudes better match the daily peaks (black arrows)

of stream water height than the peaks of moulin water level. A peak in the stream

water level corresponds to a high stream discharge into the moulin, whereas high moulin

water level corresponds to reduced height of the water fall. The maximum moulin water

level typically occurs several hours after the maxima of stream water level and tremor

amplitude, and varies for different tremor episodes. Especially visible is the effect on

8 August 2011 (second tremor in the time series in Figure 3.6b): A constant energy

(or even decreasing) coincided with a small decrease in stream water level and with a
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Figure 3.6: Time series of six days of observation with the water level of the surface
stream (a, dark blue line) and the moulin water level (b, light blue line) in comparison to
the integrated energy of the moulin tremor (dark green lines). The light green vertical
bars mark maxima in observed energy, and are in phase with the stream water level
(a) and earlier to the maxima in moulin water level (b). Grey lines in panel b mark
changes in moulin water level (vertical bar) of 36m while tremor amplitude (horizontal

bar) is not accordingly changing.

simultaneous rise in moulin water level of 36m (marked with grey bars in 3.6b), almost

half of the entire change in the moulin water level during this tremor episode.

At first order, the energy of the moulin tremor is controlled by the inflowing water

rather than by the water level inside the moulin. Nevertheless, short term fluctuations

in the measured energy may be caused by second order effects such as the absorption

of particular frequencies and a changing water fall height. The sudden drop in tremor

energy between grey bars marked in panel Figure 3.6b might be caused by the absorption

of energy (the horizontal bandgaps labeled with a in Figure 3.2).

3.4.2 Changing Frequency Content of Moulin Tremors

Röösli et al. (2014) already reported the strong correlation between the moulin tremor

properties and moulin water level. The spectrograms in Figure 3.2 show this correlation:

Energy is enhanced at higher frequencies when moulin water level is lower and vice versa.

We observed two to three individual bands of energy, with most of the energy emitted

between 3 and 11Hz. These separated frequency bands are an indication of a resonance

model in which the excited seismic energy is concentrated in frequency bands that depend

primarily on resonator height, and secondly on resonator cross-section geometry. Thus

the frequency distribution of the radiated seismic signal is controlled by the changing

moulin water level, which controls the height of the resonant body. We observe that the

fundamental mode has a relatively broad frequency band, and the first overtone has a

narrower frequency content (number 2 labels the first overtone in Figure 3.2d). The third

overtone is only visible for strong tremors (e.g., Figure 3.2c) and is mostly characterized

with higher energy (red color) at the beginning and end of the tremors (high frequency).
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3.4.2.1 Numerical Implementation of Resonance Model

Following Chouet (1985), we modeled the different bands of energy as the resonance

modes of a cylindrical water-filled pipe analogous to the organ-pipe model (semi-open).

Due to the broad and complex spectrum of the fundamental mode (Figure 3.4), we used

the well defined second harmonics for modeling. We extracted the maximum PSD-value

of the spectrogram in each time window (Figure 3.7ab) for frequencies higher than the

fundamental mode at closest station to the moulin, FX01. The frequency of the n-th

mode is predicted to depend on moulin water level (Chouet , 1985)

fn(HR, t) = n
aRcR

4

1

zR −HR(t)
, n=1,3,5,... (3.1)

where aR denotes a factor accounting for variability of conduit cross-section geometry,

expected to be of order 1 (corresponding to a cylinder), zR − HR(t) the resonating

water column at time t, HR(t) the measured water level, and zR the bottom depth of

the resonator. The latter is assumed to be constant over the duration of each tremor

episode. Furthermore, cR denotes the velocity of tube waves, acoustic waves in the water

whose pressure perturbations are coupled to the elastic deformation of the conduit walls

(elasticity of the surrounding ice), defined by (Chouet , 1985):

cR =

(
b/ρ

1 + (b/µ)

)1/2

(3.2)

where b and ρ are the bulk modulus and density of water, respectively, and µ the shear

modulus of ice. We used b =1.9796×109Nm−2 and ρ =999.9 kgm−3 for water at 0 ◦, and

µ = 3.5×109Nm−2 (Petrenko and Whitworth, 1999), resulting in a tube wave velocity of

1124m s−1.

3.4.2.2 Observation and Inversion for Model Parameters

Figure 3.7a shows in colored circles the extracted frequencies (y-axis) of the second

harmonics (n = 3) for the moulin tremor observed on 8 August 2011 (Figure 3.7b). The

frequency content is compared with the concurrent moulin water level (x-axis, Figure

3.7a) and different colors denote the duration since the beginning of the tremor. We

observe a symmetric course without hysteresis (colored points in Figure 3.7a), supporting

the assumption that the frequency content is independent from the trigger and that the

source cross-section factor aR is constant over the duration of a tremor episode.

We inverted for aR and zR using Matlab’s robust bisquare fitting algorithm following

equations 3.1 and 3.2 and obtained aR =0.896 and zR =181.8m with a fit quality R2 of

0.94 (red curve, Figure 3.7a). The highly scattered estimated frequencies corresponding

to moulin water head >140m (grey points in Figure 3.7a) were excluded from the fitting

procedure. These data points resulted from the different onset in high energy for the
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Figure 3.7: Modeling of the resonance of seismo-acoustic waves in a semi-open organ
pipe applied to observations and the test of evolution of the resonator geometry during
the season. a: extracted frequency content of second harmonics (points) with the least-
square robust fit (red curve) using the equation for an organ-pipe model. Colored points
denote time of observation from the tremor beginning. The grey points were not used
for the fitting procedure. b: Spectrogram with harmonic frequencies (red) calculated
for the fundamental mode and two overtones with aR and zR estimated with the curve
shown in panel a. c: Testing of the hypothesis that the resonator configuration of the
moulin was constant during the season with aR (accounting for variability in cross-
section of the cylinder) and zR (bottom depth of the resonator) being constant. c1:
Two reference scenarios (green and blue triangles, respectively) with fixed aR used for
estimating the corresponding zR per tremor episode (crosses). c2: Same scenario as for
c1, however, with zR fixed and the inversion calculated for aR. There is same trend for
all test scenarios, thus the hypothesis of a constant resonator configuration is rejected.
The moulin evolves during the season towards higher complexity (lower aR) and/or

lower bottom of the resonator (higher zR).



44 Seismic Moulin Tremor

frequency band >11Hz (second harmonics) in comparison with the frequency range of

3-5Hz used for tremor picking (Appendix B, Figure 3.7b). The three harmonics (red

curves, spectrogram Figure 3.7b) are drawn with equation 3.1 using values for aR and zR
estimated in the example shown in Figure 3.7a (red curve) and with the corresponding

n-values for the individual modes (equation 3.1).

3.4.2.3 Assessing the Coupling of Model Parameters

Changes in aR and zR estimated for each tremor episode mirror changes in moulin

geometry. However, these two parameters trade off: A higher aR and lower zR result in

shifting the fitted curve (Figure 3.7a, red line) towards higher frequencies. Furthermore,

changes in zR-value affect the curvature (lower zR results in a steeper curve). Because of

this trade-off, a classical uncertainty estimation with goodness of fit or the bootstrapping

method is not sufficient to verify if there are physical changes in the resonator geometry.

Instead, we tested the hypothesis that none of the parameters change between suc-

cessive moulin tremors and that the differences in inversion results for different tremor

episodes are caused by the fitting procedure. We adopted as reference scenarios the esti-

mated parameters of two tremors with high SNR (28 July and 8 August 2011). Assuming

a constant aR given by the value estimated for the tremor of either 28 July (Figure 3.7c1,

green triangle) or 8 August (Figure 3.7c1, blue triangle), we inverted for zR on each of

the remaining days of tremor. We expect a constant zR if the aR value is correct and

resonator cross-section geometry is steady. The robustness of our hypothesis was tested

by also calculating the opposite scenario of assuming a fixed zR and inverting for aR
(Figure 3.7c2).

Both test cases of fixed geometry parameter aR (Figure 3.7c1) resulted in the same

trend for increasing zR value of about 9m over 29 days (Figure 3.7c1) with a R2 of

about 0.5-0.6. The difference between the two scenarios per tremor episode is in average

7.0m with a standard deviation of 1.01m. Also for the scenarios using fixed bottom

of resonator zR, we observed for both cases a decrease in aR factor (Figure 3.7c2).

The difference between the two scenarios per tremor episode is in average 0.123 with

a standard deviation 0.0185. The two test scenarios show the same trend and the low

standard deviation in the difference of the fitted parameters between same tremor episode

(different reference scenarios) confirms that the trend in changing parameters is a physical

signal.

In conclusion, our hypothesis of steady geometry of the resonance body was rejected.

Our results may be caused by a deepening of the bottom of the resonator (increasing

zR), by decreasing similarity of the resonance body with the idealized model of a cylin-

drical pipe (decreasing aR) over the course of the season, or by a combination of both
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processes. Although we are not able to separate the influence of the two varying param-

eters, the overall physical resonance system clearly evolved during the 29 days of seismic

observations.

3.4.3 Particle Motions and Wave Types

Classical approaches known from earthquake seismology are used to describe source

mechanisms of seismic signals observed in glacial environments, for instance, with first

motion polarity of P-waves (e.g., Zoet et al., 2012) or moment tensor inversions (e.g.,Wal-

ter et al., 2009). Due to our continuous hour-long tremor signal, different phases overlap

and traditional source mechanism inversion techniques are not applicable. Hence, we

investigated three-component particle motions to extract characteristics of the observed

wave types and indications for source characteristics (Aki and Richards, 2002). In order

to compare the particle motion of waves emitted by the moulin source, we rotated the

horizontal seismic waveforms (north and east) into radial and transverse direction. The

seismometers were installed at different distances and in a circular configuration around

the moulin (Figure 3.1). We concentrated our analysis and modeling on the orientation

of the particle motion as the measured amplitude experienced unknown perturbations

due to the installation on the glacier surface. The measured wave amplitudes suffered

from site effects and different coupling and leveling of the seismic stations.

Figures 3.8a-c show the particle motions (red) observed at station FX07 located 377m

from the moulin during 20min of tremor activity and during 20min of background noise

recorded at 6 am the same day (black). The seismograms were Butterworth-filtered (2-

pole) from 3 to 5Hz, including the fundamental mode of the moulin tremor at the time

when the moulin water level was highest. The lower filter cut-off of 3Hz additionally

reduces possible influence of dispersion on Rayleigh-waves due to the sensitivity of longer

wavelengths to the ice sheet bed (Walter et al., 2015a).

The particle motions of the moulin tremor in Figures 3.8a-c show high amplitudes in

radial and vertical components and small amplitudes in tangential direction. Thus the

seismic wave consisted of mainly P-waves, SV-waves and/or Rayleigh-waves, with few or

no SH- and Love-waves, consistent with a nearly axi-symmetric moulin geometry (Aki

and Richards, 2002). The observed particle motion (Figure 3.8d), a retrograde rotating

ellipse, is typical for Rayleigh-waves, which travel along the free surface as combined

P- and SV-waves (Aki and Richards, 2002). While impulsive sources generate only one

packet of body waves, the source of moulin tremors is sustained, leading to interference

between P-, SV- and Rayleigh-wave arrivals, resulting in a retrograde rotating ellipse.
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Figure 3.8: Particle motion for 20min of observed waveform during tremor (red) and
morning hours (background noise, black) with horizontal components oriented with
the moulin location. a: radial and tangential components with elongation in radial
direction. b: vertical and tangential components with elongation in vertical direction
and low amplitude in tangential direction. c: radial and vertical component with
elongation and inclination of about 45◦ indicating dependence on source depth. a-c are
drawn with same scale for all axes. d: Particle motions of vertical and radial component
with colored points denoting the number of sample (with 500Hz sampling frequency).
We assume that the Rayleigh-wave type particle motion was built by the interference

of continuously arriving SV-, P-, and Rayleigh-waves.

3.4.3.1 Ellipse Inclination: Dependence on Source-Receiver Geometry

The wave composition at various distances is affected by the different attenuation proper-

ties of the two source mechanisms, the cylindrical source and the bottom source (Chouet ,

1985). In addition, the bottom source is assumed to be a point source located at the

bottom of the resonator, at a constant position during one tremor episode (constant

bottom of resonator). A cylindric source radiates as a distribution of surface sources

along the cylinder walls (ice walls) and thus its induced particle motion depends on the

moulin water level (changing source centroid depth).

Figure 3.9a shows the observed particle motions for a 20min window (2-pole Butterworth-

filtered, 3-5Hz) in the radial-vertical plane, for different seismic stations (colors), as a

function of the station distance from the source (x-axis). Black traces represent the

background noise in the morning of the same day. The inclination of the observed par-

ticle motion rotates clockwise with increasing distance, from around 30 ◦ for the closest

station (FX01, Figure 3.9, red) up to nearly vertical at the farthest station (FX10, Fig-

ure 3.9, pink). The particle motions simulated for a cylindric and bottom source are

shown in Figure 3.9 panels b and c, respectively. The cylindric source mainly leads to
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Figure 3.9: Particle motions of vertical and radial components Butterworth-filtered
between 3 and 5Hz for different stations drawn in dependence on distance from the
source. Scale for particle motions is identical for both axes. a: Seismometer obser-
vations of particle motions, calculated for a time window of 2 h when moulin water
level was highest (95.63m below the surface). Colors correspond to measurements of
seismometer installed in different distance from the source; black traces correspond to
the noise level of a certain station in the morning. b: Particle motions modeled with
a cylindrical source with 80m in height. Amplitude is normalized. c: Particle motions
modeled with a single source located in 175m depth below the ice surface. Amplitude

is normalized.

a clockwise tilted ellipse, whereas the bottom source generates waves with mainly verti-

cal particle motion. Our modeling aimed at estimating the ratio between cylindric and

bottom sources.

To analyze quantitatively the inclinations during one tremor episode, we estimated

the orientation based on the orientation of eigenvectors determined by singular value

decomposition (Flinn, 1965) for moving time windows of 5 s with 60% overlap. The

data stream was filtered prior to the processing between 3 and 11Hz with a Butterworth

(2-pole) band-pass filter to also include the energy in higher frequency bands during the

first and last part of one tremor episode (Figure 3.2). The sliding window of 5 s includes

several wave cycles (15 for 3Hz) and allows for high temporal resolution. In the following,

the ellipse inclination is defined by the angle between the vertical axis and the major

axis of the ellipse, based on the radial (x-axis) and vertical (y-axis) components, with

positive values (0-90 ◦) in clockwise direction. Note the 180 ◦-symmetry of the ellipse

orientation.

In Figure 3.10, inclinations (y-axis) calculated during a tremor episode are compared

with the moulin water level (x-axis) for four particular stations (FX01, FX06, FX07,

FX02) installed at different distances and azimuths from the moulin. The stations were
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Figure 3.10: Comparison of inclination of particle motion (y-axis) depending on the
moulin water level (x-axis) for the four stations FX01, FX06, FX07, and FX02 (from
top). Positive inclination is defined as clockwise rotation from a vertical orientation
(small inset). The inclination changes for all stations depending on time, however, is
consistent for different days of observations and maximum water level of the tremor
episode (colors). From about 120m there is a change in behavior (higher scattering)
and the tremor episode begins and ends with a water level of about 148m (diffuse

scattering). Both thresholds in water levels are marked with black arrows.

chosen due to their SNR and availability during the campaign. The time series for

five different days (different colors), each with different peak water heights, are shown

in Figure 3.10. For station FX02 only three tremor episodes are drawn due to low

SNR. The inclination for each station changed continuously during a tremor episode and

showed the same trend (slope is constant) for different tremor episodes (different colors)

for water levels between 120m and 75m from the surface. For observations with the

water level between 120m and about 148m, the slope and scattering of the observed

inclinations are different. For water level lower than 148m, the moulin stopped emitting

seismic tremors. Stations FX01 and FX07 measured decreasing inclination (rotation

anticlockwise) with lower water level, whereas the inclinations at stations FX06 and

FX02 showed the opposite dependence on water level. Stations FX07 and FX02 or FX01

and FX06, respectively, were installed at about the same distances from the source, but

with about 90 ◦ azimuthal difference (Figure 3.1). We therefore conclude that the height

of the resonating water column and the seismometer location defined at first order the

orientation of the tremor particle motion.
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3.4.3.2 Waveform Modeling by Combining Cylindric and Bottom Source

We used the frequency-wavenumber method of Zhu and Rivera (2002) to calculate theo-

retical Green’s functions, assuming a homogeneous half-space consisting of an ice layer of

623m thickness underlaid by granite bedrock (Walter et al., 2015a). We used the wave

velocities for P-wave and S-wave in ice of 1.95 km s−1 and 3.87 km s−1 (Walter et al.,

2015a), respectively, and an attenuation factor Q of 5 and 10 for S- and P-waves (Röösli

et al., 2014). The granitic basement was modeled with velocities and attenuation fac-

tor for P-waves of 6.2 km s−1 and 400, and for S-waves 3.6 km s−1 and 200, respectively

(Walter et al., 2015a). The method of Zhu and Rivera (2002) for wave modeling can

reproduce both dynamic and static displacement components including near-field terms.

We assumed a single source at the bottom of the resonator (disk enclosing the resonance

body, Figure 3.5) in combination with a symmetric cylinder force, consistent with negli-

gible SH-phases (Figure 3.8) (Aki and Richards, 2002). The cylinder force is calculated

by summing up cylinder forces located at different depths with a step size of 5m. We

convolved the Green’s functions with white noise to generate a continuously radiating

seismic signal.

To estimate the ratio between cylindric and bottom source, we used observations of

three different tremor episodes with same maximum water height of 95m below surface

(Figure 3.11a, 31 July, 5 August, 6 August 2011). For the estimation of the ellipse

orientation, we used a time window of 50min of seismic tremor with constant moulin

water level (±1m). The tremor waveform was Butterworth-filtered (2-pole) between

3 and 5Hz including the fundamental mode and high energy signal during high water

level. We processed the data with 5min sliding windows and 60% overlap, calculating

azimuth and inclination. We expect constant inclination and azimuth during the 50min

of observation (constant water level) and used a linear robust least squares fit to estimate

azimuth and inclination. We excluded stations with a measured azimuthal orientation of

> ±30 ◦, as we preoriented the horizontal components according to the station-moulin

azimuth and thus expect zero for the azimuthal orientation. Other stations were reori-

ented to an azimuth of zero because we expect uncertainties in the manual orientation

of the seismometers. After the orientation, we repeated the procedure of calculating the

inclination and best fit value. The errorbars shown in Figure 3.11a (with zoom a1 and

a2) correspond to the range of calculated incidence angles including 95% of the values.

The increasing errorbars for larger distance are mainly caused by a low SNR.

To model our observations, we summed up the waveforms of the bottom source located

in 175m depth below surface (Figure 3.7) and the cylindric source consisting of several

sources located between 95m and 175m with step sizes of 5m. The best fit between

observed (panel a) and simulated (panel b) was derived with 0.46 weight on the bottom

source (Figure 3.11b3). We excluded FX10 (1015m distance from the source) in our
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Figure 3.11: Measured inclination and corresponding simulations of three tremor
episodes observed with the entire seismometer network. a: Observation (colored crosses)
of three tremor episodes for a time window with same (maximum) water level inside
the moulin of 95m below the surface. a1 and a2 show the zoom in 200-400m and
450-650m distance to source, respectively. b: Observations (grey) and corresponding
simulations (colored) for the tremor source. Large crosses denote distances with seismic
observations. The orange curve shows the best fit simulation with 0.46 weight on the
bottom source (in 175m depth) and 0.54 weight on the cylindric source (located in
95-175m below surface). Note the 180◦-symmetry of the ellipse orientation, especially
important for station FX10 (1015m from the moulin). b1 and b2 show the zoom
in 200-400m and 450-650m distance to source, respectively. b3: Best fit curve with
best weight of 0.46 for bottom source (lowest RMS). Different colors mark the days of

observations.
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fitting procedure as the SNR was low and the uncertainty was high (see errorbars in

Figure 3.11a). Figure 3.11b shows the comparison of the observed data (grey) and the

best fit model (orange) with bottom source (purple) and cylindric (blue) sources as

references. Data points were calculated at distances of installed seismometers, at every

50m between 200 and 600m, and at every 100m between 600 and 1000m. The zoom

in panel b1 shows the modeled (colors) and observed (grey points) data at the stations

FX05 and FX09 for all three tremor episodes and additionally FX02 on 31 July 2011

and FX07 on 6 August 2011. The zoom in panel b2 shows stations FX04, FX12, FX08,

and FX03 (increasing distance).
The modeled seismic source follows the observed changes in inclination with an root

mean square value (RMS) lower than 3.0 ◦. Nevertheless, the limitations of a radially

uniform model are apparent with the observed inclination of FX08 that is around 20 ◦

different to the stations FX04 and FX12 located 20 and 10m closer from the source,

respectively (Figure 3.11a2,b2).

3.5 Discussion

3.5.1 First order mechanism

With our seismic observations, we were able to adapt a source model developed in volcano

tremor seismology to the glacial environment (Figure 3.5) and thus to monitor the interior

of a moulin. The seismic moulin tremor was excited by the surface stream falling onto the

water surface and was resonating in the cylindrical water column. The tremor was excited

when the water reached a certain height and its amplitude was confined by the amount

of inflowing water. The frequency content and particle motion of the emitted seismic

waves evolved from a complex interaction of the resonating cylindric water column with

the solid walls and the bottom of the resonator.
In our model, the surface stream ended in a water fall of several tens of meters in

height before hitting the water surface inside the moulin. We showed that a section of

the water-filled moulin then resonated following the one-side closed organ-pipe model

(Chouet , 1985), whereby we observed up to three modes of resonance. With the in-

version for zR (equation 3.1) representing the bottom of the resonator, we constrained

the (changing) height of the resonator to 20-75m. We propose that a kink about 180m

below the ice surface (30% of the ice sheet thickness) enclosed the resonating body at

the bottom (Figure 3.5). Similarly complex conduits of moulins different from a purely

vertical shaft have also been reported by e.g., Reynauld (1986) and Catania et al. (2008).

Furthermore, the resonance body changes over the course of the season towards a more

complex geometry and/or larger depth, respectively. Expected changes inside the moulin

are caused by frictional heating from the interaction between flowing water and ice, vis-

cous creep of ice closing englacial channels and the ice sheet flow (Cuffey and Paterson,
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2010). However, due to fast-changing input of meltwater into the conduit, the processes

are seldom in balance (e.g., Nye, 1969; Gulley et al., 2009; Andrews et al., 2014), which

is confirmed by our analysis.

In addition, we successfully demonstrated that two different types of sources, a cylin-

dric and a bottom source, were required to model our moulin tremor (Chouet , 1985). Our

analysis confirmed the dominance of the cylindric source in near-field and the dominance

of the bottom force in the far-field (Figure 3.9). Main advantages of our moulin tremor

are the (expected) vertical shaft of the moulin, the pure and known properties of water

for the resonance of the acoustic waves and the ice as homogeneous propagation medium

(Walter et al., 2015a) in comparison to the volcanic environment with more complex

magma composition and constitution, and a complex propagation medium. Neverthe-

less, seismic observations on an ice sheet involves other difficulties than those recorded

on solid ground: background noise is high due to continuous meltwater flow (Walter

et al., 2008; Röösli et al., 2014), a stable and leveled seismometer installation is diffi-

cult to achieve, wave velocities are less well known, and attenuation factor depends on

(unknown) ice temperature (Peters et al., 2012).

We measured in the context of a highly dynamic system with the ice continuously

deforming and with large fluctuation in meltwater input into the moulin. The modeling

results shown in Figure 3.11 focused on a static configuration with a constant moulin

water level. We estimated a ratio of 0.46 between the two source types (both normalized

amplitudes) for this time window and water level. Nevertheless, this estimated ratio

might also depend on water level.

Stations FX02 and FX07 were located at the same distance from the moulin with

a difference in azimuth from the source of about 90 ◦ (Figure 3.1). The dependence of

inclination on water level is opposite for the two stations with decreasing inclination

for lower water level (rising distance to surface) for FX02 and synchronous increase for

FX07. The particle motion simulations (Figure 3.11) were extended to include variations

in water level. Figure 3.12 shows the days 29 July and 6 August 2011, also shown in

Figure 3.10, for four particular seismic stations. In addition, the red and green lines

correspond to the modeled inclination accounting for a possible deepening of the bottom

of the resonator during the season (Figure 3.7). Nevertheless, the effect of a change of

bottom of resonator of 5m is small and affects only waveforms of the closest station

FX01, also indicated by the observations on 6 August (green) of lower inclinations than

for observations on 29 July 2011 (red). In general, we observed a decreasing inclination

angle with decreasing water level for all simulated distances in agreement in trend, but

smaller in slope, with our observations at stations FX01 and FX07 located east and ESE

from the moulin (Figure 3.1). FX02 and FX06 were located upstream and downstream

from the moulin, respectively, and showed an opposite trend in inclination variation.
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Figure 3.12: Observed inclination of particle motion (y-axis) with the simultaneously
observed water level inside the moulin (x-axis) is shown for two tremor episodes (red
and green dots) observed on four stations (same observations as in Figure 3.10). Green
and red lines correspond to simulated waveforms with the model of a bottom source
(disk at moulin bottom) and cylindric source (height of resonating water column). The
green and red curves consider the change in depths of the bottom of the resonator. A
lower resonator bottom mainly affects the closest station FX01 (lower inclination). The
reasons for the divergence between the simulations and the observations are diverse in

origin.

The reasons for a possible divergence between the simulations and the observations

can be diverse in origin. Our modeling included the assumption of two horizontal layers

of constant attenuation and velocity and a constant ratio between the two source types

with symmetric radiation pattern. However, the bedrock topography at our study site

was highly complex (Ryser et al., 2014a) and using a 3D-bedrock topography with a 3D-

velocity model would include many additional model parameters. This might explain

why the modeling of the time dependent and dynamic system within a tremor episode

differ from the observations. Furthermore, we are limited by the observational geometry
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as only station FX10 was installed far enough from the source that the bottom source

dominated the particle motion (purple, almost vertical ellipse in Figure 3.9). Due to

the distance of 1015m, the signal observed at FX10 was too weak for a more detailed

analysis.
The hypothesis of an asymmetric radiation pattern is supported by the different

ellipticity measured with stations installed at the same distance from the source, as shown

in Figure 3.9. Particle motions at stations FX05 (yellow, 340m distance) and FX07

(turquois, 380m distance) are more elongated in shape than particle motions observed

at station FX02 (green, 380m distance). FX07 and FX05 align with the central moulin

and FX02 is located approximately perpendicular to this axis. An elliptical shape of the

moulin shaft geometry, in correlation with the ice sheet flow axis, would be reasonable

due to the general agreement that hydrofracturing is responsible for the moulin formation

(van der Veen, 2007; Das et al., 2008; Benn et al., 2009).

3.5.2 Further Tremor Characteristic

The presented seismic source model accounts for large scale and main physical processes

that lead to the observed seismic tremor. In addition, we observed several second order

effects that modified the first order tremor characteristics.
The most striking second order characteristics visible in the spectrograms of Figure

3.2 are the two different types of low energy bandgaps (label A and B). Horizontal

bandgaps were observed for the entire observation period and with the entire network

with the same absorbed frequencies (see Appendix A). We suggest either that waves

were trapped in fractures along the moulin walls absorbing certain frequency bands or

that possible water cavities below the bottom of the resonator (>180m) were absorbing

energy and acted as another resonator body. The existence of englacial fractures inside

a borehole has already been reported by Fountain et al. (2005) and Walter et al. (2009),

and fractures are a common feature for moulin walls also (personal communication K.

Steffen, 2015).
The change of frequency content of gliding bandgaps correlated with changes in moulin

water level. Furthermore, the absorption characteristics evolved between tremor episodes

from only one gliding bandgap to two gliding bandgaps (one with higher frequencies), and

finally they vanished (Figure 3.2 and Appendix A). We speculate that the dependence

on moulin water level and the temporal evolution might be connected to a fast changing

system at the entrance of the moulin. A possible mechanism could have been connected

to a snow bridge that partly covered the entrance and later collapsed.
In the spectrograms shown in Figure 3.2d and 3.7b, the beginning of the moulin

tremor is accompanied by some seismic energy under 5Hz with an earlier onset than

the higher frequencies. Especially the energy emitted in the second resonance mode is

delayed relative to the begin in lower frequencies (Figure 3.7b, grey points in panel a).
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We defined the beginning of the tremor signal as soon as we observed enhanced coherent

energy between 3 and 5Hz most probably when the water fall hit the water surface. Thus

the resonating body needs some time until the resonance is fully developed and higher

modes are observable. An indication for a complex volumetric geometry at the base of

the resonator supporting these findings is shown in Figure 3.12 with a change in the time

series of ellipse orientation with moulin water level of 120m and lower. Thus this water

level corresponds to the beginning and end of the tremor episode, when higher frequency

contents were absorbed that is visible with the horizontal bandgaps in the spectrograms

(Figure 3.2 label A).

In addition, we observed enhanced energy (yellow) before the beginning of the tremor

(red colors), mainly visible in Figure 3.2d. Even for days where the (resonating) moulin

tremor was inactive, we recorded enhanced energy in the frequency-bands typical for

the moulin tremor (see Appendix A). We therefore suggest that the water-fall hitting

the ice generated background noise, however, no amplification with the water body is

possible in this case. These interpretations are also supported by ambient noise analysis

by Walter et al. (2015b), who processed the same dataset and observed a continuous

seismic source from the moulin with distinct frequency peaks of 4 and 6Hz, even when

the moulin tremor was inactive.

Nevertheless, the question remains as to why this particular moulin generates such

a seimic tremor and how dependent the seismic emissions are on a particular geometry

inside the moulin. The second moulin located within our network did not generate a

measurable moulin tremor (Röösli et al., 2014). It can be expected that the water fall

of the englacial stream entering this particular moulin, though one magnitude smaller in

discharge, also generated noise by hitting ice or the water surface. Due to the dominance

of our primary moulin tremor, we are not able to see this small signal from another

moulin, if existent.

3.6 Conclusion

For the first time, we were able to monitor and constrain moulin geometry and water flow

processes with seismic waveforms. The tremor waveform was generated by the surface

stream triggering acoustic waves resonating in the cylindric moulin shaft and consisting

of two types of wave sources: A vertical point source at the bottom of the resonator and

a surface source resulting from the interaction of the water-filled pipe with the solid ice

walls. We thus directly observed waveforms generated with characteristics of the model

for volcanic tremors proposed by Chouet (1985) in a non-volcanic regime and transposed

it to glaciers, as an example of a fast-changing, dynamic system. The dominance of such

a tremor inside our dense seismometer network opened the unique possibility to study
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a seismic tremor and its evolution over several weeks and connect long term evolution

(during the season) with short term changes (during one tremor episode).

The first order effects with the trigger and the following resonance characterized

the large scale seismic system. The seismic signal, nevertheless, contains still different

information with second order effects that additionally constrain englacials conditions.

As passive seismic observations are non-invasive and connected with low installation

costs, it is a powerful technique to investigate and monitor subglacial drainage systems

including moulins, and changes thereof (Bartholomaus et al., 2015).
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ABSTRACT: We detected over 11,000 stick-slip icequakes near the base

of the western margin of the Greenland Ice Sheet using a 17-seismometer

array. These icequakes have negative (i.e., very small) moment magnitudes

and, according to similarities in their waveforms, group into over 100 distinct

clusters distributed beneath our 3x3 km study area. Some clusters were active

for several weeks, while others have burst-like episodes lasting 1-6 days only.

Some clusters correlate with subglacial water pressure measured within a

nearby moulin. For these clusters, we observe high water pressure concurrent

with many small yet numerous stick-slip icequakes and periods of lower water

pressures with larger, less frequent icequakes. These patterns might change

over time and are not common to all clusters. We explain these observations

that the stick-slip icequakes are located at sticky spots at the interface of

the ice sheet with the glacier bed that consists of basal till characterized

by different connectivity to the subglacial drainage system. Because the

till’s frictional strength depends on its pore pressure, variations in subglacial

water pressure can either weaken or strengthen the bed; this explains the

variation in seismic moments and inter-event times. Our results suggest that

seismogenic stick-slip motion is an integral part of the flow mechanism in

the ablation zone in Western Greenland, which is highly sensitive to the

configuration of the local subglacial drainage system. Stick-slip motion may

therefore play a key role in the relationship between climate-induced changes

of surface runoff and ice sheet dynamics.

4.1 Introduction

Glacier and ice sheet motion can be characterized by two main components: internal

deformation and basal motion (Cuffey and Paterson, 2010). Basal motion remains a

particular challenging problem in glacier physics and many aspects of it are not com-

pletely understood. Weertman (1957) first described basal motion with regelation and

viscous creep as ice flows over a rigid bed with obstacles. This simple model was ex-

tended to include a more realistic, statistical description of bed-rock, allowing one to

calculate sliding velocity (e.g., Nye, 1969; Kamb, 1970) and to incorporate the influences

of subglacial cavities allowing for rapid changes in flow velocity (Lliboutry , 1968).

These sliding laws were developed for glaciers with hard beds and do not account for

deformable soft beds. Such soft glacier beds are characterized by water-saturated porous

till and underlie fast-flowing ice streams in Antarctica (Blankenship et al., 1986; Murray ,

1997). Furthermore, continuous Global Positioning System (GPS) measurements have

indicated that the ice streams can flow not only continuously but also by stick-slip

behavior (Bindschadler et al., 2003; Wiens et al., 2008; Winberry et al., 2011; Pratt et al.,
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2014) depending on glacier bed rheology (e.g., Winberry et al., 2009b; Smith et al., 2015).

The primary controls of basal motion are the physical characteristics of the bed including

water pressure, water volume, bedrock topography and substrate rheology (Cuffey and

Paterson, 2010).

Directly measuring these characteristics is difficult due to the remoteness of the glacier

bed. But stick-slip motion of glaciers and ice sheets may be accompanied by emission of

seismic energy, like that of stick-slip events on tectonic faults (Brace and Byerlee, 1966).

With passive seismic measurements we observe the radiated seismic waves and thus we

can monitor stick-slip basal motion temporally and spatially and make inferences related

to the ice dynamics.

Passive seismic experiments in glacial environments are now well established for mon-

itoring the dynamics of (fast-flowing) ice streams in Antarctica (e.g., Blankenship et al.,

1987; Anandakrishnan and Alley , 1997a; Danesi et al., 2007; Winberry et al., 2009a;

Smith et al., 2015) and for monitoring of non-polar glaciers (e.g., Deichmann et al., 2000;

Walter et al., 2008; Allstadt and Malone, 2014; Carmichael et al., 2015). In Antarctica,

different types of stick-slip motions have been observed from events with negative seis-

mic magnitudes (microseismicity, Mw<0) (Blankenship et al., 1987) and up to moment

magnitudes of seven (Bindschadler et al., 2003; Winberry et al., 2013). For comparison,

a moment magnitude of 7 has a seismic moment 108 times that of an icequake of magni-

tude -1 due to the definition of the moment magnitude in logarithmic scale (Hanks and

Kanamori , 1979). Those seismic events of different magnitudes are observed on “sticky

spots”where the glacier bed consists of strong, well-drained, and water-saturated till (Al-

ley et al., 1994; Anandakrishnan and Alley , 1997b; Adalgeirsdóttir et al., 2008). The

stick-slip events can be triggered by stress changes through the tidal-influenced floating

ice shelves (e.g., Zoet et al., 2012; Winberry et al., 2009a) or by lateral changes in till

rheology (Smith et al., 2015). Both long-duration slip events (lasting tens of minutes)

(e.g., Winberry et al., 2009b; Walter et al., 2011) and microseismicity (lasting fractions of

a second) in the form of basal icequakes (e.g., Blankenship et al., 1987; Anandakrishnan

and Bentley , 1993; Smith, 2006; Danesi et al., 2007) indicate that we need to consider

coseismic slip in addition to viscous flow and basal sliding in the physical models for ice

stream flow (Goldberg et al., 2014; Tsai et al., 2015).

In the Northern Hemisphere, basal seismicity has been often reported for non-polar

glaciers (e.g., Mikesell et al., 2012; Walter et al., 2013; Helmstetter et al., 2015a) but

the detection of basal seismicity emitted by the GrIS has been missing (Jones et al.,

2013; Carmichael et al., 2015). Nevertheless, several observations indicate that stick-slip

motion may also play an important role for glaciated regions outside Antarctica, such as

the Greenland Ice Sheet (GrIS) (Chandler et al., 2013; Christianson et al., 2014) and the

non-polar glaciers (Fischer and Clarke, 1997; Thelen et al., 2013; Allstadt and Malone,

2014; Helmstetter et al., 2015a). These environments on the Northern Hemisphere differ
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from Antarctica primarily due to diurnal and seasonal changes in meltwater supply to

the glacier bed. Fluctuations in meltwater flow directly influence basal motion due to

changes in effective pressure at the glacier bed (Iken and Bindschadler , 1986), or, in the

presence of till, rapid changes of shear strength with effective pressure (Iverson, 2010).

Depending on how much basal motion is accommodated by stick-slip motion, water-

induced changes in subglacial till strength may lead to severe changes in ice sheet and

glacier flow within diurnal or seasonal time scales.

In this paper, we document the detection of more than 11,000 basal icequakes located

in the immediate vicinity of the glacier bed beneath a seismic array installed on the GrIS.

These icequakes group into more than 100 clusters irregularly distributed over the area of

3x3 km covered by our seismic network. The icequake waveform pattern corresponds to

the microseismicity detected on the Antarctic ice streams and show a stick-slip sliding of

the ice sheet with the interface between ice sheet and subglacial till as repeated rupturing

fault plane. We find evidence that coseismic stick-slip is strongly influenced by the bed

rheology and effective pressure, influencing the temporal activity and magnitude of the

different icequake clusters. To our knowledge, this work is the first report to show seismic

evidence for stick-slip motion of the GrIS. We conclude that stick-slip motion is a main

characteristic of the ice motion in this slow-flowing part of the GrIS and a key factor in

understanding the glacier dynamics.

4.2 Survey Area and Instrumentation

We installed a 17-element, short period seismic network in the ablation zone of the west-

ern GrIS during summer 2011. Our study region was on the slow-flowing ice∼30 km north

Jakobshavn Isbræ’s terminus (Figure 4.1). The core network contained nine Lennartz

LE-3D 1Hz instruments (FX01-FX09) installed at the ice surface with an ∼800m aper-

ture. To enlarge the aperture, we installed three additional LE-3D/BH 1Hz sensors in

boreholes 2-3m below the surface (FX10-FX12). GS11-D (8Hz) borehole seismometers

were installed at 150m (FX13, FX15) and 350m (FX14) depths below ice surface. Two

co-located broadband stations (Trillium Compact and Trillium Compact All Terrain,

FX16-FX17), installed at the ice surface, completed the network. Seismic sensors in-

stalled at the ice surface required manual leveling every 1-2 days due to high melt rates

and we visited the shallow borehole stations (LE-3D/BH) every 4-5 days (installed below

the ice surface). Each seismometer was equipped with a Nanometrics’ Taurus digitizer

sampling at 500Hz. The core network logged in continuous recording mode for 42 days

(4 July until 14 August 2011) high quality data. The density and aperture of our network

facilitated high-precision location of icequakes, discussed further in Röösli et al. (2014).

The seismic deployment was part of a comprehensive field campaign that included

deep drilling and subsequent borehole geophysics, ice sheet surface velocity measurements
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Figure 4.1: (a) Overview of the seismic network (triangles) with a moulin (blue cross)
inside the network and the location of a differential GPS for measuring ice velocity at the
surface (green star) (satellite image from WorldView 2009, Polar Geospatial Center).
(b) location of the area of investigation at the westcoast of Greenland. (c) large moulin
in the center of the network equipped with pressure sensor (photo: Stefan Hiemer).

with differential GPS, and water level monitoring within a moulin. At this location, the

ice is slow-flowing with a total surface displacement of 11m for the entire measurement

period (42 days) of the seismic stations (yielding an average of 0.27m per day). Daily

fluctuation in surface velocity were directly correlated to the water level of a moulin

inside the seismic network (see Figure 4.1 and Andrews et al. (2014)). The ice at the

observation site is dominantly polythermal and consists of 600-700m of cold ice underlain

by ∼20m of temperate ice (Ryser et al., 2014a). Using receiver function analysis of the

seismic network, (Walter et al., 2014) found that the glacier bed consists of a >80m

thick suglacial till layer underneath our core network. More information about results

of the field campaign can be found in Andrews et al. (2014), Ryser et al. (2014b), Ryser

et al. (2014a), Walter et al. (2014), and Walter et al. (2015a).
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Figure 4.2: (a) Four example waveforms of the vertical component of a typical wave-
form of a deep icequake observed at station FX10. (b) stacked waveform (black) origi-
nating from a deep icequake cluster with impulsive P-wave arrival and separated S-wave
observed at station FX10. The grey traces show 146 normalized waveforms (relative
to the vertical component) repeatedly occurring during the measurement period. The
underlying signals for each waveform are nearly identical, despite the disparate noise
amplitudes. Note how the P-wave consistently swings in east-west and vertical direc-

tions only while S-waves are similarly strong on both horizontal components.

4.3 Basal Icequakes: Detection and Classification

Our seismic data stream was dominated by several thousands of icequakes per day that

were mostly related to surface crevasses as described by Röösli et al. (2014). Because we

are interested in basal icequakes, we used the (half) automatic method of Helmstetter

et al. (2015a) (Glacier d’Argentière, France) to detect and classify icequakes, seperating

the basal events from the rest. This method cross-correlates a template waveform of

a target icequake type with the continuous data stream to detect icequakes with same

waveform pattern but possibly different amplitude. Similar methods based on cross-

correlation techniques have recently also been used to detect icequakes on other glaciers

(Carmichael et al., 2012; Mikesell et al., 2012; Thelen et al., 2013; Allstadt and Malone,

2014).

Based on experience of previous seismic campaigns in Antarctica and the Swiss Alps

(e.g., Smith, 2006; Walter et al., 2008), we expect deep icequakes to cluster in space and

radiate highly similar waveforms. Example waveforms of deep icequakes with different

signal-to-noise ratio (SNR) but high similarity (one cluster) are shown in Figure 4.2a.

These basal icequakes detected with our network are characterized by an impulsive and

high frequency P-wave arrival (>120Hz) a distinct S-wave, and a lack of surface wave

energy. The P- and S-wave arrivals are separated in time and the waveform pattern

resemble those of basal icequakes recorded as microseismicity beneath ice streams in

Antarctica (Blankenship et al., 1987; Smith, 2006)
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The deep icequakes shown in Figure 4.2 were recorded at station FX10 (Figure 4.1).

The distance d to the hypocenter is

d = ∆t · vP · vS
vP − vS

, (4.1)

and is 820m using a P- to S-wave arrival time difference ∆t of around 0.22 s, a P-wave

velocity vP of 3.87 km s−1 and S-wave velocity vS of 1.95 km s−1 (Walter et al., 2014).

To identify deep icequakes, we set a minimum time difference between P- and S-wave

arrival of 0.16 s based on an estimated ice thickness of about 620m (according to hot

water drilling, Ryser et al. (2014a)).

We preprocessed the data stream with a high pass filter to exclude frequency content

below 20Hz because tremors dominated the wavefield below 20Hz (Röösli et al., 2014).

The tremor source was located in the vicinity of the moulin inside the core network

(Figure 4.1) and generated observable energy on most days, persisting between 4-15

hours per day.

Visual scanning identified the first three template icequakes. Using these templates

(including 0.04 s prior P-wave arrival and until the signal decreases below noise level, in

total about 0.4 s) and the continuous data stream, we calculated the cross-correlation

coefficient for each seismometer component separately and averaged afterwards. The

cross-correlation coefficient was computed for a sliding window of the same length as the

template signal, with a step of one sample. Each peak of averaged correlation coefficient

larger than 0.4 corresponds to a possible new deep icequake and was visually inspected

to see if the waveform matches the waveform pattern and corresponds to a deep icequake

detection. The threshold of 0.4 was chosen based on the experience described in Helm-

stetter et al. (2015a) and empirically from visual inspection (fraction of false alarms) of

our data set.

Subsequently, we classified the deep icequake detection based on P to S travel time

differences and the waveform pattern (wavelet). Hence, the travel time difference between

P- and S-wave arrival was estimated with separate cross-correlation of P- and S-wave

with the template P- and S- wave, respectively. The icequake detection is part of the

template cluster if P to S travel time difference, representing the distance from the source,

and the wavelet of the P- and S-phases do not differ (again, based on visual inspection).

To validate the detection and classification, we applied this procedure to a station

near the initial detection station. We also tested if the time delay of first P-wave arrivals

between those two stations remained constant within 5ms. If we measured changes in

travel time delay (between the two stations) of more than 5ms (18m, equation 4.1),

we divided the group of basal icequake detections into two clusters. We only used the

two nearest stations for the comparison since the S-wave amplitude quickly decays with

increasing distance.
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The low cross-correlation threshold, when combined with the visual scanning and

the test of travel time differences also led to ‘false’ detections, i.e., icequakes that have

characteristics of a deep icequake but have different P and S wavelet properties than

the template event. The signals of such false detections were used as templates for new

icequake clusters for further scanning of the data set.

Station FX03, FX04, FX10 and FX12 were used to scan the continuous data stream

because they are the stations furthest to the north and south (Figure 4.1), respectively.

Station FX11 was only of limited use due to an outage of the horizontal components

after 10 days of observation. The four stations used for processing cover the network

area for performing a representative analysis and especially reduce the time-consuming

manual processing and checking. With this procedure, we detected 11,437 icequakes in

110 clusters. Clusters contain 5 to 1681 icequakes and their waveform amplitudes vary

within one cluster and between clusters.

A typical cluster is shown in Figure 4.2b (grey traces). Each of the 146 traces per

component is a waveform of a detected icequake filtered with a Butterworth band-pass

filter (two poles) of 20 to 200Hz and normalized relative to the strongest component

(vertical component) to preserve the relative amplitudes between the three components.

All individual waveforms show high similarity in their waveform patterns, i.e. in S- and

P-wavelets and time difference between P- and S-wave. For such groups of icequakes, we

conclude that, given the resolution of the data stream, the source did not move relative

to the seismometer and the signals originated from a repeating, non-changing source

(e.g., Smith et al., 2015).

The black traces in Figure 4.2b show the normalized stack of the individual wave-

forms. The vertical component of this averaged icequake signal shows an improved SNR

and mostly contains P-wave energy, whereas the S-wave is strongest on the horizontal

components (e.g., Smith, 2006; Walter et al., 2008). Directly following the impulsive

P-phase, the seismometer recorded a second phase with a smaller amplitude in relation

to the almost undisturbed direct wave clearly visible in the stacked waveform of Figure

4.2b. This second arrival is likely the P-wave reflected or critically refracted at the un-

derlaying bedrock (e.g., Lay and Wallace, 1995), followed by scattered energy (coda) that

persists until the arrival of a lower frequency S-phase. The P- and S-phase waveforms

produce little coda, supporting the assumption that the bulk of the ice volume is a rather

homogeneous medium with low scattering effects (Walter et al., 2015a).

4.4 High Precision Icequake Locations

We inverted for the origin time and hypocenter (four unknown parameters) of each ice-

quake with the nonlinear, probabilistic approach of NonLinLoc (Lomax et al., 2000),

which has been previously tested for locating icequakes (Dalban Canassy et al., 2013;
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Röösli et al., 2014; Smith et al., 2015). NonLinLoc computes the posterior probability

density function (PDF) (Tarantola and Valette, 1982; Moser et al., 1992) using the Oct-

Tree importance algorithm, providing a complete, probabilistic solution of the location

problem. The PDF of the hypocenter inversion includes uncertainties due to measure-

ment errors of the observed arrival times, geometry of the seismometer network, and

errors in calculation of the theoretical travel times.

For our inversion, we defined a 1D velocity model consisting of a single layer of

ice. We neglected changes in seismic velocity within the ice sheet; these changes can

be estimated using the relationship between ice temperature T and seismic velocity

suggested by Kohnen (1974). For our study site, the maximum temperature difference

was reported by Ryser et al. (2014a) as 10 ◦C; applying the empiric equation of Kohnen

(1974) for P-wave velocity, −(2.30 ± 0.17)T + 3795, implies a change in seismic velocity

of less than 1%. Based on the impulsive and undisturbed waveforms (Figure 4.2), we

assumed the glacier bed has negligible effects and that the impulsive and high frequency

onset is the direct P-wave. We did not introduce another layer representing the glacier

bed, as we expected direct waves to arrive before the refracted waves and we wanted to

avoid introducing an additional constraint due to uncertainties in our glacier thickness

data set.

NonLinLoc allows for individual uncertainties for each P- and S-phase arrival time

pick. The impulsive P-arrivals led to assigned uncertainties per pick in range of ±0.002

to 0.008 seconds (±1-4 samples) accounting for different SNR and waveform quality. We

used a minimum of five picks on different stations for the inversion and error estimation.

Due to its lower frequency content, the S-wave can only be picked reliably for the closest

stations, and the S-picks are less accurate than the P-wave picks.

We were able to pick 15 individual icequakes within the three strongest clusters and

to calculate and compare their locations. In electronic supplement S1 we compare the

located individual icequakes with the location derived by corresponding stacked cluster

waveforms. PDFs of individual icequake locations and of the corresponding so-called

composite cluster location overlap, indicating identical source location within the un-

certainty range. Based on this finding, we located the clusters with stacked waveforms,

which represent the composite location of individual icequakes of one cluster. The stack-

ing of waveforms increased the SNR and consequently the number of used phase arrival

picks for the hypocenter inversion. The higher quality of the resulting stacked waveforms

allowed us to derive a composite location for 107 of the 110 icequake clusters.

The cluster epicenters are shown in Figure 4.3a with the seismic array (black trian-

gles). Each cluster is represented by the density scatter plot of the PDF (red points) (Lo-

max et al., 2000) and the corresponding maximum likelihood hypocenter location (blue

stars). The size of the projected PDF density cloud can be taken as a representation of

the location uncertainty. The location uncertainties of the clusters range between several
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Figure 4.3: (a) Most probable icequake locations (blue stars) with corresponding
power spectral density clouds (red points) that can be taken as a representation of
the location uncertainty. The locations are underlayed in colors with the altitude of
glacier bed derived with interpolated radar observations (black lines) (DTU-Space, 2005;
Gogineni , 2012) (b) vertical profiles marked in black in (a) for comparison of icequake
cluster depth with glacier bed (brown line, with light brown standing for the uncertainty
of 60m) and glacier surface (blue). Note that topography of glacier bed is interpolated

between lines of radar flight path (Ryser , 2014).

meters up to ±250m horizontally and between ±25m and ±125m in depth. Clusters

located outside the network generally have a higher uncertainty due to limited azimuthal

coverage (i.e., azimuthal gaps >180 ◦) and lower SNR (which decreases with increasing

source-receiver distance). Furthermore, for those clusters outside the network, the depth

is poorly constrained and errors in horizontal location may be spuriously mapped into

depth and vice versa. These effects manifest as an elongated PDF density cloud.

All 107 located icequake clusters originate in the vicinity of the glacier bed; 3 rep-

resentative profiles are shown in Figure 4.3b. The profiles are ±50m wide drawn with

black boxes in Figure 4.3a and each profile shows projected PDF point clouds with max-

imum likelihood hypocenter lying inside the box. The glacier bed, covered by 500-750m

of ice, can vary by more than 200m for one profile and is represented by the brown line

in Figure 4.3b. The glacier bed is derived from interpolation of airborne radar profile

measurements (Ryser et al., 2014b) (data from DTU-Space (2005), Gogineni (2012)).

Accuracy and precision of radar depth measurements strongly depend on the processing

technique used (including chosen electromagnetic wave velocity) and on the interpolation

between the profiles. Nevertheless, the glacier bed profile is assumed to have a precision

of order 40m (Steen Savstrup Kristensen, personal communication). A relative estimate

of the accuracy of 60m (Figure 4.3b, light brown line) results from comparison between
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radar determination and depth of drilled boreholes (Ryser et al., 2014b) near the center

of the seismometer network.

Despite the uncertainty in glacier bed and the uncertainty in hypocenters, strongly

influenced by the velocity model and phase-picks, we infer the icequake clusters to have

occurred near the glacier bed. But, given the uncertainties in hypocenter depth, we

cannot distinguish if the clusters are located at the ice-bed interface, inside the ice, or

inside the glacier bed.

Signal characteristics, sampling frequency and observation time limit our ability to

estimate source size or to map possible source migration. In our 42 days of observation we

recorded a total near-horizontal displacement of our sensors of 11m (around 0.27md−1).

However, an error in phase-arrival picking of one sample (2ms) results in 7.9m error in

radial distance (equation 4.1, sampling at 500Hz). Therefore, with our high-frequency

P-phase arrival, we assume that we can distinguish the basal icequake clusters with their

source regions located in minimum 10-20m apart only.

Figure 4.4 shows the epicenters of all located clusters as circles with the size propor-

tional to the number of icequakes in the cluster. The different sizes of the circles highlight

that there is a large diversity in temporal activity for the clusters. The 107 clusters oc-

cupy most of the 3x3 km area of investigation with an heterogeneous distribution. There

is a slight tendency for larger and stronger clusters for instance in the southern part of

the network in the area of FX10 and FX12. Later in this paper we will focus on the

temporal activity of four clusters, whose location are marked and labeled in Figure 4.4.

4.5 Deep Icequake Source Mechanisms

P-wave first motion polarity has been widely used to interpret source mechanisms of basal

icequakes (e.g., Blankenship et al., 1987; Anandakrishnan and Bentley , 1993; Anandakr-

ishnan and Alley , 1994; Zoet et al., 2012; Allstadt and Malone, 2014;Walter et al., 2015b).

So-called double-couple source mechanisms exhibit radiation patterns divided into quad-

rants that depend on fault plane orientation. Compressional antinodes lie in the direction

of slip and dilatational antinode in the opposite direction. Seismic receivers positioned

in compressional quadrants of the radiation pattern will record upward first P-wave mo-

tions, whereas stations positioned in dilatational quadrants of the radiation pattern will

record downward first P-wave motions (Aki and Richards, 2002). For icequakes located

inside our station network we can distinguish shear faulting with mixed first motion po-

larities (e.g., Anandakrishnan and Bentley , 1993) from tensile crack opening with same

first motion polarities (Walter et al., 2010).

Figure 4.5 shows the waveforms for a cluster between stations FX03 and FX04 with

compressional first motion for downstream (glacial flow) stations and dilatational first

motion for the waveforms recorded by upstream stations. Therefore, we assume a low
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Figure 4.4: Map of basal icequake cluster epicenters (blue circles) located with Non-
LinLoc and seismic stations (grey triangles). Size of circles indicate the number of ice-
quakes detected for this cluster. In total 107 clusters with 5-1681 members are shown.
The arrows label the epicenters of the clusters shown in Figure 4.7 and discussed in

section 7.

angle thrust fault with the ice column as a block sliding over the glacier bed (Winberry

et al., 2009b) and a strike of about 150 ◦ (perpendicular to glacier flow) and a dip of

5 ◦ corresponding to the glacier bed inclination. The corresponding beachball shown

in Figure 4.4 represents the fault plane orientation. The majority of the 49 clusters

located inside the network show mixed polarities corresponding to this low angle thrust

fault along flow direction. This source mechanism is observed in Antarctica as stick-slip

motion of the glacial ice (e.g., Blankenship et al., 1987; Anandakrishnan and Alley , 1994;

Zoet et al., 2012; Smith et al., 2015).

With the orientation of the fault planes and our stations located at the ice surface, we

can observe two quadrants of the fault mechanism with direct P-waves. For two icequake

clusters, however, we have also detected a critically refracted wave, which is well known

in traditional refraction seismology (Giese et al., 1976). A critically refracted wave is

generated when a wave is refracted with the critical angle after Snell’s law at a material

contrast with a strong velocity gradient. The wave then propagates along the interface
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with the seismic velocity of the deeper, faster medium. The critically refracted wave is

called a head wave when the wave arrives as first arrival after a critical distance from

source (crossover distance, Figure 4.6b). The head wave arrives earlier than the direct

wave because it travels a certain distance within the second material, which has higher

velocity.

Figure 4.6ab shows the record section of one basal icequake cluster (Cluster 3 in

Figure 4.4) with different stations drawn corresponding to their distance d to epicenter

and the time t since origin time of the icequake on the y-axis (waveform stack amplitudes

are normalized). The direct wave is visible by the impulsive and high amplitude arrivals.

The head wave arrival is visible on most stations with a lower amplitude, lower frequency

content, and inverted polarity (corresponding to the lower hemisphere quadrant) relative

to the direct P-wave; the same has been observed in the context of earthquake seismology

(Ben-Zion and Malin, 1991).
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We modeled arrivals of the direct and head wave using the MacRay software (Luetgert ,

1992). The software allows for ray-tracing of different waves with a 2D-velocity model

that includes glacier bed and surface topography. The glacial ice layer is assumed to be

underlain by a till layer as a low velocity zone (2.0-2.1 km s−1) and granitic basement

(6.2-6.3 km s−1) (Walter et al., 2014). In Figure 4.6a, we show the modeled critically

refracted wave of a simple 1D model with horizontal layers of ice (680m), till and granitic

basement. The upper blue curve represents a 1D model with 80m thickness in low

velocity till (as estimated by Walter et al. (2014)), the lower curve represents the model

with 40m of till. Both models show the arrival of the critically refracted wave after the

direct arrival (especially for FX12) and cannot reproduce the head wave. Figure 4.6d

shows the velocity model with the ice-thickness extracted along the Profile I-II from the

interpolated radar data set shown in Figure 4.6c (DTU-Space, 2005; Gogineni , 2012) and

a till layer of changing thickness overlaying granitic basement. The red curve in Figure

4.6b shows the modeled critically refracted wave calculated with the 2D model (Figure

4.6d).

The head wave modeled with the 2D model can better reproduce the observed head

wave arrivals. The hypocenter is at the bottom of a steep glacier bed slope with a

(modeled) thin layer of till (<5m) at the interface between ice and bedrock. With this

configuration, we derive the early arrival at station FX12 and a standard deviation of fit

of 8.8ms. The differences in ∆t (modeled minus observed arrival times) for the stations

are ostensibly caused by the limitation of the simple 2D model not accounting for local

3D variation in ice thickness under the stations. This effect is best visible for station

FX11 lying on almost 100m thinner ice, where we observe a +20ms earlier wave arrival

than modeled. Low amplitudes or a lack of refracted waves for stations FX02, FX04,

FX09 and FX08 suggest a thick basin filled with sediments strongly attenuating the

head wave. On the other hand, stations FX03, FX07, FX12 and FX11 indicate higher

amplitude arrivals due to a thinner till layer. The difference between the modeled and

observed arrivals is dominated by the roughness of the bed topography and is most

probably influenced by changing till thickness.

4.6 Magnitude Estimation

With the estimated fault plane model we can calculate a magnitude for individual ice-

quakes. We used the method proposed and tested for icequakes by Walter et al. (2009)

(electronic supplement, background information, equation (4)) for icequakes. They cal-

culated the seismic moment M0 using the SH-wave seen on the transverse component of

the seismogram (horizontal components rotated towards hypocenter) with (Boatwright ,

1980):
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M0 =
4πρ

1/2
i ρ

1/2
x β

1/2
i β

5/2
x

FSHSSH
R

∫ T

0
uSH(t)dt. (4.2)

ρi,x is the density at station i or hypocenter x, and βi,x are the corresponding S-wave

velocities. In our case, we neglected the influence of the glacier bed and assume the ice

has a density of 917 kgm−3. FSH is the radiation coefficient derived from the fault plane

orientation calculated after Aki and Richards (2002) (equations 4.89-4.91). We chose the

SH-wave for calculation of the seismic moment as the free-surface amplification SSH is

simply a factor of two. R denotes radial distance between source and station and we

integrated over the ground displacement uSH of the SH-wave during the full SH-wave

cycle time interval T . Ground displacement uSH was obtained via integration of the

instrument corrected velocity seismograms (observed).

The calculation of the ground displacement requires a clear SH-wave, which is only

present for high amplitude icequakes. To determine the moment of the weaker icequakes

we used the linear relation between the integrated uSH and maximum P-phase amplitude

in counts per icequake. We used this relation to scale the moment for all detected

icequakes of lower amplitude without strong SH-wave. With an individual distance R

and radiation coefficient FSH per cluster and station, we converted the amplitudes of

our detected icequakes with equation 4.2 to moment magnitudes (Hanks and Kanamori ,

1979):

Mw =
2

3
log10(M0) − 6. (4.3)

Electronic supplement S2 documents details about the scaling relation and sensitivity

to the chosen fault plane solution. Note that absolute magnitudes are likely not fully

consistent between the clusters due to the high sensitivity on fault plane orientation

(changes in magnitude of up to 0.5 are possible). The absolute moment magnitude

depends strongly on the chosen dip angle corresponding to the glacier bed inclination.

Nevertheless, magnitude variations within a cluster are consistent because we assumed

one radiation pattern with an assumed fault plane orientation (see equation 4.2) per

cluster.

4.7 Temporal Evolution of Icequake Clusters

We characterized the clusters by their inter-event time and magnitude distributions.

Figures 4.7a-d show four clusters (locations in Figure 4.4) with every point corresponding

to an icequake detection (x-axis) and its moment magnitude (Mg, upper time series) or

the time between two consecutive icequakes (inter-event time ∆t, lower time series),

respectively. We show four types of clusters, where three clusters are active over time

span of more than 10 days (Figure 4.7a, c, d) and one cluster with more burst-like

characteristic (generally active for 1-6 days, 4.7b). Cluster 1 (Figure 4.7a) emits seismic
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energy through icequakes with no particular pattern in time or magnitude. The third and

fourth clusters (Figure 4.7c, d) emit seismic energy with a diurnal pattern in frequency

and amplitude. The cluster shown in Figure 4.7d is anti-correlated with glacial surface

velocity measured using GPS (Figure 4.7e, green line) and moulin hydraulic head (water

level in meter above sea level, Figure 4.1 red cross, Figure 4.7e blue line). Moulin

hydraulic head represents subglacial water pressure within the area of influence of the

moulin-connected channel system (Andrews et al., 2014).

In Cluster 3, basal icequakes with large magnitudes and long inter-event times corre-

spond to low moulin hydraulic head and slow ice movement, whereas lower magnitudes

and shorter inter-event time coincide with high water level and velocity, respectively. A

quasi-sinusodial time variation in magnitude and inter-event time for Cluster 3 is visible

especially between 29 July 2011 and 1 August 2011 (Figure 4.7, green box 1) and 3-5

August 2011 (Figure 4.7, green box 2). Furthermore, starting from 3 August 2011 we

observe a superimposed trend of decreasing amplitudes until the end of the measurement

period (12 August 2011), with the lower part of the quasi sinusodial curve (during night)

lacking beginning 7 August 2011.

The icequake time series of Cluster 4 in Figure 4.7c also exhibit strong diurnal behavior

on 3-5 August 2011 (green box 2). In contrast, between 29 July 2011 and 1 August 2011

(green box 1), we see the opposite pattern with more icequakes recorded in the morning

than in the afternoon hours. We know from other analyses with our network (Röösli et al.,

2014) that changes in background noise may influence our icequake detection sensitivity.

Low background noise in the morning would result in higher detection sensitivity than in

the afternoon hours (high background noise due to enhanced meltwater flow) and could

lead to a bias in the diurnal pattern. Whereas this problem could be mitigated by using

a detector accounting for a changing noise level (Carmichael et al., 2015). In the case

of Cluster 4, however, we would need an extreme change in noise level to explain the

complete lack of icequakes in afternoon hours for some days (green box 1) while not

on other days (green box 2). We do not measure such an increase in background noise

and furthermore it should also affect Cluster 3, where we do not see any changes in the

diurnal pattern. We use the same argumentation for the lack of icequakes of Cluster 3

during the night from 6 August 2011 onwards: The background noise in general is lower

during night and morning hours than in the afternoon and furthermore we observe a

high activity of Cluster 2 and 4 for periods where we lack icequake emission for Cluster

3. We therefore conclude that the change in diurnal characteristics of Cluster 4 and the

decreasing trend and partial lack of icequakes of Cluster 3 are real and not caused by

detection problems related to noise.
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4.8 Discussion

Our seismic analysis revealed the following:

1) During our 40 days study period, we detected over 11,000 basal icequakes dis-

tributed beneath our entire study region.

2) These basal icequakes can be grouped into 110 clusters. Within each cluster,

icequakes ostensibly share common rupture planes, because their waveforms exhibit very

high similarity.

3) Basal icequake waveforms show impulsive direct P-waves, while some clusters also

exhibit a critically refracted P-wave (head wave) traveling at the seismic velocity of

granitic basement.

4) The majority of the clusters located inside the network have P-wave polarities that

are consistent with a low-angle thrust fault having a strike perpendicular to glacier flow.

For icequakes located outside the network, the polarity of the critically refracted wave,

when present, is also consistent with what would be expected from this mechanism.

5) The temporal activity of basal icequakes varies between clusters: Some clusters

show burst-like seismicity cycles with each burst lasting between 1 and 6 days. Other

clusters are active for at least 3 weeks.

6) In some cases, icequake magnitudes and inter-event times are subject to diurnal

variations. However, the phases and amplitudes of these variations can change over time

and between clusters.

From findings 1-4 we arrive at the following central result: Beneath our study region,

basal stick-slip motion is a prominent flow characteristic of the ice sheet. Whereas our

study region only covered an area of approximately 3x3 km, it is reasonable to assume

that stick-slip motions likely also occur beneath other slow-flowing parts of the GrIS’s

till-based ablation zones.

4.8.1 Stick-slip sliding

Microseismicity observed with seismometers installed directly on ice streams has already

been reported from Antarctica, in particular from the Whillans (Anandakrishnan and

Bentley , 1993), Kamb (Anandakrishnan and Alley , 1994) and Rutford ice stream (Smith,

2006; Smith et al., 2015). Those events are very similar in their waveform pattern, range

of magnitude (negative) and occurrence in clusters (swarms) to the stick-slip icequakes

observed on the GrIS. Anandakrishnan and Bentley (1993) and Smith et al. (2015) de-

termined the source of the microseismicity sequences to be located at the base of the

ice stream and to be caused by stick-slip movement of the ice stream. The source of

the microseismicity is located at the till-ice stream interface or within the subglacial till

(e.g., Blankenship et al., 1987) at local sticky spots characterized as a zone of stronger

subglacial till enclosed by a weaker matrix (deformable till) (Anandakrishnan and Alley ,
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1994; Smith et al., 2015). Till deformation is still not fully understood, but it most likely

takes place within the top decimeters from the ice-till interface and depends on water

pressure (Iverson et al., 1995, 2007; Thomason and Iverson, 2009) and/or granulometry

(Tulaczyk , 1999; Tulaczyk et al., 2000).

In Greenland, the role of subglacial till has only recently become the focus of investiga-

tions. Observations of Greenland’s bed properties are limited to a few local measurements

(Clarke and Echelmeyer , 1996; Booth et al., 2012; Dow et al., 2013; Bougamont et al.,

2014; Christianson et al., 2014; Walter et al., 2014). Beneath our core network (Figure

4.1), Walter et al. (2014) reported a relatively thick till layer (80m or more). At the same

time, ice-free outlet areas of the GrIS show local basins filled with conglomerates, sug-

gesting that, while widespread, subglacial till is likely a heterogeneous subglacial feature

in Greenland (e.g., Knight , 1994, 1997). Accordingly, the pronounced bedrock topogra-

phy beneath our network may be covered with a basal till layer of variable thickness and

heterogeneous composition.

To our knowledge, this is the first report of microseismicity reliably located to base

of the Greenland Ice Sheet. Several seismic campaigns, even situated near our study

area, were not successful in the basal icequakes detection (Jones et al., 2013; Carmichael

et al., 2015). It is difficult to determine weather basal seismicity was absent or simply

evaded detection. Regarding the latter, reasons for non-detection might be that their

detection methods were not sensitive to relatively weak signals with a high frequency

content (>80Hz), and to a simple waveform pattern, appearing as an impulsive P-wave

separated in time from the S-wave, similar to what was observed in Antarctica (e.g.,

Smith et al., 2015).

Here, we address the same question as for Antarctica: are the basal icequakes located

at the interface of ice and till or within the till? We also assume that fracturing within

the temperate ice layer at the base of our study region (Ryser et al., 2014a) is not likely

(Hobbs, 1974; Anandakrishnan and Alley , 1994) for repeated brittle failure (icequake).

Our relatively clean high frequency icequake waveforms of direct high amplitude P- and

S-phases lack major distortions that would be expected when traveling through a (water-

saturated) low-velocity till layer (Smith et al., 2015). This is in agreement with stick-slip

faulting occurring close to the ice sheet-till interface.

Furthermore, we established a record section for Cluster 3 (Figure 4.4 and 4.6) that

shows a critically refracted wave arrival (head wave). A seismic source close to the ice base

with a till layer separating the icequake source and bedrock also satisfies the requirements

to generate such head waves. A heterogeneous subglacial till distribution with variable

thickness and high attenuation (low velocity layer) can explain why critically refracted

P-waves traveling within subglacial bedrock are only present for some of our seismic

stations and icequake clusters. In the case of the modeled Cluster 3, the stick-slip

icequake sources was located within 5m above a steep bedrock slope for the head wave
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to arrive within our small network (section 4.5). Directly beneath the network the till

layer is reported to be much thicker (>80m, Walter et al. (2014)) explaining the lack of

the head wave arrival at some stations.

With our network we observed a strong head wave for two active clusters (>500

detected icequakes) where we were able to draw a record section. Low SNR of icequake

clusters and the cluster location close or within the network (i.e., with only a few stations

beyond the crossover distance) prohibit the detection of more clusters with a head wave.

4.8.2 The role of subglacial till

As for microseismicity beneath Antarctic ice streams (Anandakrishnan and Alley , 1994;

Smith et al., 2015), we propose that our basal icequakes were located at sticky spots.

From observations at the boundaries of the GrIS (Knight , 1994, 1997; Adam and Knight ,

2003) and in situ observation beneath Engabreen, Norway (Iverson et al., 2007), we

assume a basal ice layer of unknown thickness containing debris at the base of the ice sheet

(Iverson et al., 2003; Knight , 1994, 1997) that is separated by a sharp interface from the

water saturated subglacial till (Iverson et al., 2003, 2007). This plane acts as a shear plane

for basal motion and contains sticky spots as rare, small and isolated patches of higher

frictional resistivity. Hence, sticky spots resist continuous and aseismic deformation

leading to the sequence of repeated elastic loading and followed brittle failure; these

sticky spots are called asperities in earthquake seismology (e.g., Dreger et al., 2007).

We now estimate whether the entire stress from basal motion (loading) at the location

of one sticky spot can be assigned to seismogenic stick-slip motion (icequake). The

spectra of deep icequakes show a broad distribution of energy between 20 and 200Hz with

a maximum at 100Hz and a rapid fall-off at 220Hz, just before the Nyquist frequency

(250Hz), indicating that the spectrum is strongly influenced by the instrument response

(flat between 1-80Hz) and the data are possibly under-sampled. Thus, we cannot derive

the source radius of an individual icequake using frequency spectrum as is typically

done in earthquake seismology (Brune, 1970). As we estimated the seismic moment

with equation 4.2 and we measured the surface displacement from GPS (Andrews et al.,

2014) and basal motion from borehole deformation (Ryser et al., 2014a), we tested the

hypothesis whether the entire basal motion can be assigned to seismogenic stick-slip

motion.

In principle, the coseismic slip d is related to the seismic moment via (Aki and

Richards, 2002)

M0 = µAd, (4.4)

where A is the fault area. The maximal frictional strength µ of the failure plane is equal

to the shear strength of the weaker material. We assume a µ of the till to be 2×109Nm−2

(Anandakrishnan and Bentley , 1993) to derive an upper bound estimate.
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We use Cluster 1 for our estimates because of its continuous activity over a longer

period. The absence of a visible, diurnal, and systematic influence of changes in melt

water flow on the observed magnitudes supports our assumption of constant frictional

shear strength and fault area.

Because we did not observe any fast horizontal slip on the GPS measurements corre-

lating to basal icequakes, we conclude that we cannot measure the coseismic slip at the

ice surface with our measurement set up (temporal and spatial resolution of the GPS

measurements). We therefore considered a longer activity period of Cluster 1 (1 to 10

August 2011) to estimate a constant fault area (Anandakrishnan and Bentley , 1993).

During the activity period of Cluster 1, we measured a 2.8m horizontal displacement

at the glacier surface including as little as 10% of ice deformation (Ryser et al., 2014a).

Thus, we expect a total basal slip of up to 2.5m during the measurement period that,

in our hypothesis, is equal to the cumulative fault slip d. We estimated the cumulative

seismic moment attributed to icequakes of Cluster 1 in this time window to be 1.38 ×
1010Nm. In combination with the above mentioned total basal slip, this yields a constant

fault area A of 2.8m2 (equation 4.4). This fault area is a realistic value and within the

same order of magnitude of previous estimations for glacial stick-slip faulting with 1m2

for a moment magnitude of -1.48 (Smith et al., 2015). The calculations above assume

100% stress drop inferring that all accumulated strain on the sticky spot is seismically

released during failure. In earthquake seismology stress drop is observed to be highly

variable and rarely assumed to reach more than 50% (Aki and Richards, 2002). Due to

lack of further information and by comparison, we therefore cannot exclude that only

partial stress drop is reached with our stick-slip icequakes. Since seismic moment, fault

area, and slip are linearly related (equation 4), for an assumed partial stress drop of 50%

(50% of the loading is seismically emitted), we would still get a fault area in same order

of magnitude (approximately 6m2).

Due to the poorly constrained absolute seismic moments, calculating the contribution

of stick-slip basal icequake motion to the overall basal sliding involved some speculation,

but it is certainly good for an order-of-magnitude estimation. We therefore propose that

within a distinct sticky spot, such as for example Cluster 1, a large portion if not all

glacier sliding was accommodated by discrete stick-slip icequakes. Nevertheless, even if

we detected more than 100 icequake clusters, the area of seismogenic stick-slip motion

of our study region is small. With an (assumed) ∼3m2 fault area per sticky spot and a

study area of about 9 km2, we have an overall very small fraction of <0.01% of the ice

sheet bed with seismogenic stick-slip motion.
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4.8.3 Temporal and spatial changes in stick-slip sliding

Diurnal variations in stick-slip icequake amplitude and activity provide further insights

into seismogenic glacier sliding (Figure 4.7 and findings 5+6 in section 4.8). In this re-

gard, it is interesting to note that previously observed stick-slip events beneath Antarctic

ice streams can also undergo temporal fluctuations: the activity of basal microseismic

icequakes (Anandakrishnan and Alley , 1997a; Adalgeirsdóttir et al., 2008) and larger seis-

mogenic slip events (Winberry et al., 2009b; Zoet et al., 2012; Pratt et al., 2014; Walter

et al., 2015b) are modulated by the tidal cycle at the downglacier ice-ocean interface.

These observations can be modeled with tidally-induced force balance variations, which

induce a changing stress field at the ice stream bed (Anandakrishnan and Alley , 1997a;

Winberry et al., 2009b).

But our seismic clusters (Figure 4.7) exhibit different activity patterns. We first

focus on the diurnal modulation in stick-slip activity of Cluster 3 (Figure 4.7d) closely

correlated to moulin water level (Figure 4.7e) and surface velocity.

Diurnal melt-induced variations in basal motion could generally be responsible for di-

urnal changes in stress loading for Cluster 3. But in our study region such flow velocity

variations are likely coherent over length scales of 5 km or longer, as indicated by surface

displacements (Hoffman et al., 2011) and modeling studies (Ryser et al., 2014b). There-

fore, the diurnal ice flow changes cannot explain our different icequake activity patterns

for clusters separated by only a few hundred meters as, i.e., Cluster 1 and Cluster 3

(Figure 4.4 and 4.7). Additionally, systematic variations in amplitude and not only in

inter-event time imply changes in failure criteria, thus changes in stress field at the ice

sheet bed.

In contrast to the Antarctic studies mentioned above, we argue against tidal control

on the activity and size of our stick-slip icequakes. In our study region, ice flow is

not influenced by ocean tides (Andrews et al., 2014), and the diurnal cycles of icequake

activity variations for Cluster 3 and 4 (Figure 4.7c, d) do not appear to be superimposed

on the Earth tides. Ice flow, and partly the icequake activity variations, instead correlate

with water pressure within efficient subglacial drainage channels connected to the moulin

inside our network (Figure 4.1 and Andrews et al. (2014)).

To facilitate further discussion of the observed stick-slip characteristics, we adopt

the view that local fictional strength τu at the ice sheet bed can be described with the

Coulomb failure criteria (Clarke, 1987; Iverson, 2010):

τu = c+ (Pi − Pw) · tan(φ) (4.5)

where c is particle cohesion (often assumed negligible), φ is the internal friction angle

(expected to be between 17 and 28 ◦ (Iverson, 2010)) and Pi−Pw is the effective pressure,

i.e. the difference between ice overburden and pore water pressure. To this end, we
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assume that the till’s pore pressure at the location of Cluster 3 correlates with the

water pressure of the channelized subglacial drainage system connected to the moulin

(Figure 4.7e), which results in lower till strength during peak pressure times (in the

afternoons). As a consequence, for a given loading stress, stick-slip type shear failure

occurs more frequently (i.e. shorter inter-event times), as also proposed by Zoet et al.

(2012). Moreover, for smaller inter-event times, less stress is accumulated between events

and hence a smaller stress drop per event is expected (smaller magnitudes). This model

is consistent with the observed smaller magnitudes during high water pressures (Figure

4.7de). These findings support the assumption that the diurnal changes in icequake

activity and magnitude of Cluster 3 are mainly driven by pore pressure changes affecting

the frictional strength of the sticky spots.

Based on our observations and observations from Smith et al. (2015) (in particular,

that microseismicity coincides with areas identified as stiff till), we assume that the spatial

distribution of the icequake clusters is controlled by effective pressure in connection to the

frictional strength of the till (Iverson et al., 1999), respectively. In regions of relatively

low pore pressure (high effective pressure), the bed elastically builds up shear strain as

the ice sheet slides. Consequently, once this accumulated shear stress exceeds the till’s

shear strength τu at this particular sticky spot, brittle failure occurs in form of a dynamic

failure (Scholz , 2002) observed as stick-slip icequake. Till acts hereby as the material

that allows stick-slip motion by rate-weakening and strength recovery (Iverson, 2010):

As slip initiates, the drop in slip resistance leads to a force imbalance and resultant slip

acceleration. Once the slip ceases after elastic relaxation, the till recovers its strength

(healing) in the intervening period. A rate-weakening behavior for glacial environments

has been demonstrated experimentally by Moore and Iverson (2002) for a certain type

of subglacial till, and by Zoet et al. (2013a) for debris-laden glacial ice sliding over rock.

As a consequence, we suggest that our icequake activity patterns, ranging from burst-

like to diurnal fluctuations of varying phase (Figure 4.7), are closely correlated to local

variations in pore pressure likely influenced by the subglacial drainage system. Due

to the low diffusivity of till, around 3 × 10−5ms−1 (Iverson et al., 2007), changes in

effective pressure influenced by the efficient, channelized drainage system are only very

local (Andrews et al., 2014). We reason that Cluster 3 must be located very close to a

subglacial channel and that there is a horizontal transmission of water pressure through

the water layer separating basal ice from till (Iverson et al., 2007). Therefore, only small

areas near subglacial channels are influenced, and sticky spots in those areas undergo

fast changes in till strength (short reaction time as observed for Cluster 3).

This interpretation is in line with the observations by Andrews et al. (2014) of multiple

components of the subglacial hydrologic system (same study area). They suggest that the

subglacial drainage system consists of three components experiencing different influence

from changes in melt water flow. A small, channelized area is directly influenced by
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changes of melt water flow, whereas the unchannelized area is either strongly influenced

or isolated from the efficient drainage system. Accordingly, we interpret the different

cluster activities depending on different connectivity to changes in melt water flow. The

activity pattern of Cluster 4, being partly out of phase with Cluster 3 (hatched area 1 in

Figure 4.7cd), points to a time delay of melt water flow changes on the effective pressure

at the location of this sticky spot. Sticky spots with the icequake activity pattern of

Cluster 1 (Figure 4.7a) then correspond to isolated areas independent of changes in melt

water flow. As the melt season progresses, the hydraulic connectivity between efficient

subglacial channels and the unchannelized parts of the ice sheet bed changes. This

explains why the temporal activity pattern of our basal icequake clusters can change

over time and can have burst-like characteristics (e.g. Cluster 2, Figure 4.7b).

4.9 Conclusion

This study documents for the first time basal stick-slip motion beneath slow flowing

parts of the Greenland Ice Sheet. The existence of those stick-slip icequakes illustrates

that basal seismicity on ice sheets is not limited to Antarctica and its fast-flowing ice

streams. Furthermore, our results suggest that subglacial till has a strong influence on

basal processes in Greenland. The temporal evolution and spatial distribution of the

seismicity pattern for different stick-slip icequake clusters depend on melt water flow,

subglacial drainage system, and variations in frictional strength of the glacier bed on

small spatial scales (km or less). Variations in water pressure that were controlled by

surface melt water input, fed through moulins, can modulate the frequency and timing

of stick-slip basal icequakes. In future passive seismic campaigns, one might attempt to

observe variations in glacier bed properties and/or the subglacial drainage system. This

would provide further insight into how a changing climate (i.e., changes in melt water

flow) affects the stick-slip sliding of the ice sheet.

With the presence of stick-slip icequakes, such as documented here, the role of elastic

loading and followed brittle failure for ice sheet flow should be clarified. Possibly, a new

theoretical description of basal resistance to ice sheet flow is required, as also suggested

by Tsai et al. (2015), and ice sheet models may have to be extended to allow for stick-

slip motion and thus interaction between ice and a bed of varying rheology. Additional

information about geometries and rupture processes of clustered stick-slip icequakes in-

cluding moment tensor inversions could provide a better understanding of the subglacial

processes. In particular, better estimates of icequake fault plane orientations and seismic

moment may reveal further insights into contributions of coseismic slip to the total basal

motion of the ice sheet.
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5.1 Basal Icequakes

With the detection of more than 10,000 basal stick-slip icequakes, we confirmed the

existence and importance of seismogenic basal motion as a widespread phenomena in

our study region. The seismic observations documented here offer the possibility to

remotely look inside and beneath an ice sheet. We discovered different patterns of stick-

slip icequake activity where we see the implications of a heterogeneous rheology of the

glacier bed with a complex subglacial drainage system and different thicknesses and

characteristics of subglacial till.

We concluded that stick-slip icequakes are directly linked with the existence of sub-

glacial till at the glacier bed (e.g., Tulaczyk et al., 2000). Within the glacier-seismology

research community there is an active debate about whether the source fault is located

inside the till or inside the ice, or whether it is a question of bimaterial (ice and till)

interfaces (Anandakrishnan and Bentley , 1993; Anandakrishnan and Alley , 1994). While

taking into account uncertainties for the icequake locations and bedrock altitude (Figure

4.3), we investigated waveform characteristics and temporal changes in icequake activity

to find an explanation for the faulting which occurs at the interface between subglacial

till and ice sheet.

Using laboratory experiments, Zoet et al. (2013b) reported that stick-slip behavior

is common when a debris-laden glacier slides over a rock surface (westerly granite).

However, the existence of the thick subglacial till layer (>80m, Walter et al. (2014))

and the widespread spatial distribution of the icequake locations (Figure 4.4) seem to

indicate that outcrops of bedrock do not confine the fault plane in the case of stick-slip

icequakes. Furthermore, due to the radiation pattern of P-waves (Aki and Richards,

2002) for double-couple source mechanisms, the observation of the critically refracted

wave (Figure 4.6) contradicts the model in which stick-slip icequakes occur directly at

an interface of debris-laden ice and bedrock. Nevertheless, based on observations of large

debris deposits at the ice sheet margins (Adam and Knight , 2003), we assume that the

basal ice is debris-laden. The interaction of debris-laden ice with the inhomogeneous

glacier bed consisting of till with varying friction coefficients is unknown.

Double-difference source locations

Depending on the physical model, icequake sources can be static in their location (e.g.,

different strengths of till) or propagating with glacial flow (e.g., debris frozen into the ice

moving with glacial flow). Cluster analysis for relative source locations used in earth-

quake seismology is a promising tool for detecting possible source propagation. The

widely used software HypoDD (Waldhauser and Ellsworth, 2000;Waldhauser and Schaff ,

2007) uses double-differences of P- and S-wave arrivals calculated by cross-correlating in-

dividual events, and has already been applied to (induced) microseismicity (e.g., Husen
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Figure 5.1: Double-difference locations calculated using HypoDD of individual ice-
quakes from one icequake cluster. A: Location of icequake cluster (red) with seismome-
ter stations used for processing. B: Zoom into cluster location with points denoting
individual icequake locations color-coded according to occurrence time. C: Vertical
profile with icequake locations projected onto the profile shown in B (along ice flow).
Note that red crosses indicate uncertainties calculated using HypoDD; however, the

true uncertainties are most likely underestimated.

et al., 2011) for the processing of small magnitude events. Microseismicity observed

by Husen et al. (2011) is 1-2 magnitudes greater in comparison to our basal icequakes

but source-seismometer distances of our basal icequakes are also about 10 times smaller.

This fact and the strong clustering of basal icequakes render HypoDD suitable for the

analysis of source propagation of individual icequake clusters. Some modifications of the

precision settings of the FORTRAN source code of HypoDD were required to be able to

calculate relative positions with source-receiver distances under 1 km.

We found the relative locations for the icequakes of a cluster that was active during

several days and located south-east of the network (Figure 5.1A). We used only the

six closest stations for keeping station geometry stable, and constrained the analysis

to high-quality wave-onsets with the cross-correlation factor >0.4. The calculations

using HypoDD show a random distribution of individual icequake locations within an

area of about 20m times 20m independent of time or direction of ice motion (Figure

5.1BC). Note that uncertainties of individual locations indicated by red crosses in Figure

5.1BC are underestimated, as also reported by Husen et al. (2011). Because our sensors

were installed at the ice surface and surface velocity is different from basal motion by a

factor of almost two (Ryser et al., 2014a), we would expect an apparent propagation of

the source from the double-difference solution. Therefore, this lack of propagation is a

consequence of the dataset: uncertainties due to station geometry (the icequake cluster

is located outside the network) and the limitation in observation period mask possible

source propagation. There is a shortage of clusters with strong individual icequakes

located inside the network and visible at several stations over an extended period of time

(enough movement of the glacier).
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Moment tensor analysis

Magnitudes and reoccurrence intervals in dependence on cluster locations provide insight

into source characteristics. Moment magnitude is directly correlated with slip and fault

plane area (equation 4.4) and is thus a measure of how much basal motion is caused

by seismogenic slip. However, one major uncertainty in our analysis was the magnitude

estimation. With a moment tensor inversion, the observed waveforms were modeled and

inverted for constraining rupture processes and defining moment magnitudes (Jost and

Herrmann, 1989). Walter et al. (2009) successfully applied moment tensor inversions to

icequakes using FKRPROG (Saikia, 1994) for computing Green’s functions and a linear

time domain moment tensor inversion scheme (Dreger et al., 2000; Dreger and Woods,

2002; Minson and Dreger , 2008) and thus to calculate deviatoric and full moment tensor

solutions.

The analysis of Walter et al. (2009) included shallow and basal icequakes on Gorner-

gletscher, Switzerland, revealing tensile faulting for most of the shallow icequakes related

to crevasse opening. However, a few shallow icequakes had double-couple source mecha-

nisms proving that shear faulting in glacier ice is generally possible. Source mechanism

of basal icequakes on Gornergletscher revealed tensile crack openings in contrast to the

basal stick-slip (double-couple) icequakes recorded on the GrIS (P-wave polarity, chapter

4).

Preliminary moment tensor inversions with the same technique used by Walter et al.

(2009) confirmed tensile faulting for shallow icequakes of the GrIS. Figure 5.2 shows

the solution of the inversion with dominant isotropic (ISO) component of 74%. The

result of the inversion also highlights the constraints encountered with the network: The

geometrical configuration is limited due to outage of FX05 (west of the source) and FX12

(south east of the source) and the modeled amplitudes for FX03 (station at the greatest

distance from the source) are overestimated due to unknown path or site effects (higher

attenuation than expected).

Furthermore, the inversion of basal icequakes did not converge to a reliable solution.

The main limitation was the lack of basal clusters with larger magnitudes inside the

network. Larger amplitude icequakes occurred to the south outside of the network near

the shallow borehole stations (Figure 4.4 and 4.7). At station FX10 located closest to

those clusters, we observed a strong path effect disturbing wavelet and amplitude. The

comparison between the stations FX10 (500m distance to epicenter) and FX12 (1000m

distance to epicenter) revealed a lower amplitude and scattered wavelet for the P-wave

recorded at station FX10 in comparison with station FX12 (Figure 5.3A). Consequently,

FX10 cannot be used for moment tensor inversion resulting in inadequate azimuthal

coverage for constraining the source parameters. We also suspect that anisotropy may

affect at least some of the icequake waveforms not accounted for in the waveform modeling
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Figure 5.2: Moment tensor analysis of a shallow icequake related to surface crevasses
located inside the network. Map shows location of icequake with station geometry
derived using NonLinLoc. The moment tensor solution demonstrates a high isotropic
component (ISO) indicating large volume changes as expected from crack opening.

software (e.g., Minson and Dreger , 2008). Due to anisotropic ice, SH-waves and SV-

waves travel at individual velocities, arriving with a time difference at the seismic station

(Figure 5.3BC) (Harland et al., 2013). Anisotropy arises from crystal reorientation due

to influences such as high strain rates, temperature changes and the presence of fluids,

and is already known from the Antarctic Ice Sheet (Blankenship et al., 1987; Harland

et al., 2013).

Classification of icequake clusters

We saw in chapter 4 that some icequake clusters strongly correlated with the water

level of the moulin and were thus hydraulically connected to the efficient subglacial

drainage system. In contrast, some clusters show no dependence on changes in ice flow

velocity changes (loading) or changes in hydraulics (Figure 4.7). The different activity

patterns of nearby icequake clusters are an expression of strong lateral variations in

subglacial hydraulic connectivity. To illustrate different characteristic of clusters, 19

icequake clusters with more than 200 detections per cluster were analyzed. The clusters

were separated by numbers of icequakes distributed over a day, the range of icequake
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Figure 5.3: Icequake waveform recorded at two stations showing strong path effect
at station FX10. A: Three-component waveforms at station FX10 (500m distance to
epicenter, red) and FX12 (1000m distance to epicenter, blue) with first P- and S-wave
onsets marked with vertical lines. The waveform of station FX10 was influenced by
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C: particle motion of waveform shown in B indicating different velocities of SH- and

SV-waves based on strongly eccentric and elliptical shape.



Basal Icequakes 91

magnitudes, and their distribution between morning and afternoon hours (0-12 h and

12-24 h in local time). Based on these criteria, the 19 clusters can be divided into

four different types (Figure 5.4). Figure 5.4 shows the icequake occurrences for four

particular icequake clusters; moreover, all remaining 15 icequake clusters correlate in

their occurrence pattern with one of the types (Appendix E).

At cluster Type 1 (Figure 5.4) only more icequakes were registered in the morning

than in the afternoon hours. As also for larger magnitude bins more icequakes were

registered in the morning (light purple, Figure 5.4), the magnitude distribution was not

an artifact caused by higher noise levels in the afternoon and hence lower detection

capability (Walter et al., 2008; Dalban Canassy et al., 2012; Röösli et al., 2014). For

verification, we additionally applied the same procedure already used in chapter 2.4.1

which supports the same findings.

In the case of icequakes of cluster Type 2 to 4 (Figure 5.4) more icequakes were de-

tected during afternoon hours. Of particular note regarding cluster Type 2 is the broad

Gaussian-like distribution of magnitudes occurring during afternoon hours centered with

Mw -0.45, with only a few recorded icequakes (about 50 times fewer) of different mag-

nitudes in the morning. In contrast, the magnitudes of Type 3 clusters concentrated

within a narrow range in magnitude (-0.8 to -0.7) but with few icequakes up to Mw

-0.4 in the afternoon. Furthermore, in the morning hours about 5 times fewer icequakes

were detected in comparison to the afternoon hours, however, with a shift towards higher

magnitudes. Type 4 also exhibits more icequakes in the afternoon (3-4 times more) but

the icequake magnitudes are distributed in a smaller range (magnitudes -0.94 to -0.89).

They are more equally distributed between afternoon and morning hours in comparison

to Type 2 and 3, thus with the same tendency towards larger amplitude in the morning

as observed for Type 3. Note that the absolute magnitudes compared between clusters

experienced large uncertainties of up to 0.5 moment magnitudes (Appendix D), as a

result of uncertainties in fault plane orientation and radiation pattern. Nevertheless, the

distribution within one cluster is independent of this effect as we expect a constant fault

plane orientation per cluster and thus radiation pattern (see equation 4.2 and chapter

4.6). Seven of the 19 analyzed clusters can be designated as cluster Type 4, five as Type

1, four as Type 2 and three as Type 3 cluster.

The physical meaning of the characteristics of different cluster types remains specu-

lative at present. The subglacial hydraulic system and its evolution in our study region

are highly complex and heterogeneous. The hydraulic system consists of a channelized

network that controls daily variations in basal motion that are superimposed by seasonal

changes in ice sheet velocity controlled by changes in connectivity of unchannelized re-

gions of the glacier bed (Catania et al., 2008; Hoffman et al., 2011; Andrews et al., 2014).

Moreover, measurements of water levels inside moulins and concurrent borehole water

pressure showed that the channelized system (connected to two moulins about 1500m
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Figure 5.4: Types of different cluster occurrences characterized by icequake distri-
bution over the course of the day (upper panels) and distribution icequake magnitude
(lower panels) shown separately for morning (light colors) and afternoon hours (dark
colors). Note the different x-axis for the lower panels (magnitudes) and the different

y-axis for all panels.

apart) was interconnected on a large scale, however, the influence of the channelized sys-

tem on basal water pressure varied on a small scale (<300m) (Catania and Neumann,

2010; Andrews et al., 2014).

A complex subglacial drainage system is in line with our observation that different

icequake clusters, located at about equal distances to the central moulin of about 300m,

may or may not react to variations in the hydraulic head measured inside the moulin

(Figure 4.7AD). Furthermore, the strong increase in detected icequakes from morning to

afternoon hours of icequake cluster Types 2 and 3 cannot be attributed solely to higher

loading due to higher ice sheet velocity. Cluster Type 2 exhibits almost no icequakes in

the morning although the ice velocity is by a factor of only two lower than in the afternoon

hours. Clusters of Type 3 emitted four times more icequakes during afternoon hours but

with lower magnitudes (less emitted energy) than in the morning. The difference in

emitted energy between morning and afternoon hours can be explained only by changes

in subglacial conditions and further changes in failure criteria for stick-slip movement.

With a connection to the channelized subglacial system, fast changes (within hours) in

till properties and thus failure criteria result in the observed shift in basal sliding from

aseismic slip to seismogenic stick-slip motion.

The area directly influenced by the efficient subglacial system is small compared to

that of the passively influenced areas: diurnal water pressure fluctuations measured

inside boreholes at about 200-300m distance to the central moulin showed a delay of 3 h
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of borehole hydraulic head in respect to the moulin water level. Ryser et al. (2014b)

argued the boreholes were disconnected from the efficient subglacial hydraulic system.

They react passively through horizontal stress transfer driven by increased basal motion

in areas influenced by the efficient hydraulic system. Andrews et al. (2014) found similar

results and extended the model of the subglacial drainage system by dividing the efficient

component into a moulin-connected conduit and an interconnected but unchannelized

system which is nevertheless strongly influenced by the channelized system, especially

during phases of high meltwater flow. The different types of icequake cluster patterns

support the idea that several different grades of hydraulic connectivity, also depending

on the amount of meltwater draining through the moulins, characterizes a subglacial

drainage system. Thus, with longer seismic observations, it may be possible to identify

the spatial influence of subglacial conduits in order to map the subglacial drainage system

and the changes thereof.

5.2 Moulin tremor

The moulin tremor allowed direct observation of the interaction between meltwater and

the glacial ice. The energy of large amounts of water falling into the moulin and the

resonance inside the shaft generated a tremor dominating the seismic signals of the entire

network. The three main characteristics introduced in chapter 3, amplitude, frequency

content and particle motion, play the following roles in tremor generation: (1) Falling

water triggers the seismic signal and determines the amplitude of the tremor. (2) The

moulin shaft acts as a resonator body and its height given by the moulin water level

determines the resonance frequencies. A model of a one-side closed organ pipe repro-

duces the frequency content and furthermore reveals a complex moulin geometry and

its changes over time. (3) Particle motion has its origin in the interaction between two

source types: A cylindric source (surface source) and a bottom source (point source). As

already mentioned in the discussion in chapter 3, we observed additional characteristics

that were beyond the scope of the chapter. Nevertheless, a summary and discussion is

provided here about some of the additional signal characteristics which furnish further

insights into the tremor signal and moulin processes.

Apparent velocity of tremor signal

Individual seismic wave types travel with a characteristic velocity through a medium (Aki

and Richards, 2002), and similarly wave velocity can give indications of the observed

wave type. Thus it was possible to determine the apparent velocity of the wave traveling

to stations installed at various distances to the moulin. Röösli et al. (2014) assumed

that Rayleigh-waves dominated the moulin tremor and in chapter 3 Rayleigh-wave type

particle motion was found. Furthermore, Walter et al. (2015a) estimated Rayleigh-wave
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Figure 5.5: Estimation of apparent velocity of moulin tremor wavefront traveling be-
tween seismic stations. A: Time difference dT of a tremor wavefront for a tremor episode
propagating across the network for station pairs located dD in distance difference from
the moulin. Slope denotes the apparent velocity of the wavefront propagating between
stations. B: analogue A, but all tremor episodes used. C: Estimated apparent velocities
of propagating wavefront with error bars for the entire period of measurements derived

by bootstrapping method and an observation error of ±0.022 s

velocity using a matched-field processing technique with the same seismic network. In

order to avoid near-field effects, he used a source similar to the central moulin but located

outside of the network.

The high coherency of the tremor signal (Figure 3.3) was used to determine the arrival

time differences of the wave front traveling between the seismic stations. We cross-

correlated 10min time windows of the vertical component for all station combinations

in order to derive individual time lags between pairs of stations. We limit the maximum

time delay between the waveforms to waves with a velocity of a minimum of 800m s−1 to

cover all expected wave types and to reduce possible cycle slips. The arrival time delay

dT between a station pair was derived from the lag of highest positive cross-correlation

factor multiplied by the sampling frequency. The differences in traveling distance dD

and dT for each station pair for a sample tremor episode are shown in Figure 5.5A. The

velocity of each tremor episode was calculated with a least-square fit of a line weighted by

the cross-correlation factor per station pair. The slope of the estimate line is equal to the

bulk wave velocity of the wave traveling between the stations. The derived velocities per

tremor episode ranged between 1500 and 1650m s−1 (Figure 5.5C) during the observation

period.

The accuracy of each tremor signal was estimated using the bootstrapping method,

applying an uncertainty of ±0.022 s for a single cross-correlation value. The uncertainty

per single observation was derived by manually picking the coherent minima and maxima
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and calculating the range of the time lags between individual minima and maxima (Figure

3.3) (Arlitt , 1999). We estimated uncertainties of ±92-191m s−1 for individual tremor

episodes. Considering the rather large uncertainties, wave velocity was constant over the

measurement period and ice properties were not changing. We therefore estimated an

averaged velocity for all days of observed tremors of 1576m s−1 taking all tremor episodes

into account (Figure 5.5B). A conservative accuracy of ±191m s−1 was assumed, derived

from the largest velocity uncertainty for individual tremor episodes. The derived velocity

lies within the estimate of Rayleigh-wave velocity by Walter et al. (2015a) of 1700m s−1.

We thus conclude that the group velocity of the interfering P- and SV-waves emitted by

the moulin tremor corresponded to Rayleigh-wave velocity, as already indicated by the

Rayleigh-wave type particle motion shown in Figure 3.8.

Energy of moulin tremor

The moulin tremor energy was concentrated in particular in frequencies under 11Hz as

shown in Figure 3.2. We concluded from the qualitative comparison of energy, moulin

water level, and stream water level that the emitted tremor energy was generated by the

amount of inflowing water from the surface stream hitting the water surface. To test

these results, we estimated the influence of a changing falling height and then compared

the energy of the falling water when hitting the water surface inside the moulin. The

possible falling height of the water jet lies between about 75m and 155m constrained by

the water height measurements inside the moulin and the assumption that the water is

free-falling from the surface of the ice. Hence we measured a maximum change in water

height during one tremor episode of about 80m. Nevertheless our analysis is valid only in

the first order, as we used surface stream height as a direct measure of the inflowing water

assuming a rectangular geometry of the stream bed, remaining consistent the duration

of one tremor episode.

The energy of the falling water at the water surface can be expressed by the kinetic

energy:

Ekin(t) =
1

2
m(t)v(t)2, with m(t) = Qρwater (5.1)

where Q denotes the stream flow discharge into the moulin, ρwater the density of water

at 0◦C and v(t) the falling velocity of the water at the water surface. We normalized

the energy during one tremor episode to reduce the effect of the propagation media

influencing the amplitude observed at the seismometer station with:

E(t)

Emax
=

1
2m(t)v(t)2

(12mv
2)max

(5.2)
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Figure 5.6: Comparison of observed normalized energy (light green) with the modeled
kinematic energy (light blue) estimated by the inflowing stream with reached terminal

velocity by the hitting the water surface inside the moulin.

The velocity v(t) of the water jet when hitting the water surface depends on initial

velocity and grade of turbulence at the brink (Ervine et al., 1997) and air drag (Laws,

1941). As visible in the picture of the moulin in Figure 3.1B, the surface stream did not

directly end in water free-falling at the edge of the ice sheet but flowed first over possibly

several steps of a few meters each in height that finally resulted in a change in water

flow velocity and grade of turbulence before achieving free-fall. Thus we cannot assume

laminar falling water and would expect a fast ‘break-up’ of the jet into discrete water

droplets due to air drag and subsequent turbulence effects of the water jet (Ervine et al.,

1997). Water droplets in free-fall reach constant terminal velocity depending on droplet

size after several meters, for instance after about 15m for droplets of 6mm in diameter

(Laws, 1941). Due to the large falling height (minimum around 65m with subtracted

first steps at the moulin entrance), we assume that v(t) would always reach terminal

velocity and remain constant for any falling height i.e., independent of t and water level

inside the moulin. Another observation supporting the assumption of reaching terminal

velocity is the almost constant energy during the first half of moulin tremor activity, for

instance on 7 August (marked with grey bars in 3.6B), together with a simultaneous rise

in water level of about 36m in total (almost half of the entire change during one tremor

episode). A higher water level would decrease the falling velocity if terminal velocity

is not reached, thus lowering the total energy emitted. Note that the sudden drop in

tremor energy between the grey bars marked in panel B might be caused by absorption

in bandgaps explained in chapter 3.3.1.

Equation 5.2 can therefore be used for comparing the normalized energy per moulin

tremor episode with the resulting Ekin, depending on surface stream height (assuming

constant geometry, flow velocity and water density) and independent of the water level

inside the moulin. Figure 5.6 shows the comparison between calculated Ekin dependent

on the water jet (blue) and the energy derived from the seismometer measurements

(green). The calculated kinematic energy follows the trend of the normalized observed

seismic energy and can thus reproduce in first order the observation of tremor energy.
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Figure 5.7: Frequency content of gliding bandgaps correlated with the moulin wa-
ter level. Two days of observations showed one gliding bandgap, three days showed
an additional gliding bandgap with a shift towards higher frequencies. Lower gliding
bandgaps are marked by triangles, upper gliding bandgaps are marked by circles. Same

color denotes gliding bandgaps on the same day of observation.

Gliding bandgaps

For several days we observed 1-2 thin bands of absorbed energy that were correlated

with changes in moulin water level (Figure 3.2AB). Initially one, later in the season

two, bandgaps (Figure 3.2 A and B, respectively) were observed from the beginning of

our observation season until 30 July when the signature completely disappeared (Figure

3.2CD). We extracted the frequency content of the gliding bandgaps manually with

feature tracking and derived an almost linear correlation between the moulin water level

and the frequency content shown in Figure 5.7. We observed higher frequencies with

high water levels inside the moulin. The lower bandgaps (Figure 5.7, triangles) were

similar in their range of frequencies especially for low moulin water level, where the

upper bandgaps (Figure 5.7, circles) varied in their range of frequency content between

tremor episodes. Furthermore, a slight hysteresis of the upper bandgaps on 21 and 22

of July is visible in Figure 5.7 (green and yellow circles), with higher frequencies at the

end of the tremor episode for the same moulin water levels.

Contrary to the changes in frequency of the high energy bands investigated in chapter

3.4.2, absorption of high frequencies were observed at a high moulin water level. Fur-

thermore, the lines completely disappeared after 30 July 2011. It is therefore assumed

that the absorption mechanism was connected directly to the air-filled cavity between

water surface and glacier surface. Supporting this model is the existence of a snow bridge

(Figure 3.1B) at the beginning of the observation period that partly closed up the moulin

opening and later on collapsed. The image in Figure 3.1B shows a small snow bridge

and was taken on 8 August 2011 when the gliding bandgaps had already disappeared.

Our configuration corresponds to a so-called Helmholtz absorber that is known from res-

onance in air-filled bodies such as a bottle with a narrow neck (e.g., Blackstock , 2000).
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Figure 5.8: Frequency content of extracted gliding bandgaps with concurrent moulin
water level. Triangles denote the lower gliding bandgap and circles the upper gliding
bandgap with colors corresponding to minutes since the start of the gliding bandgap.
The thin blue and green curves correspond to the best fit assuming a Helmholtz absorber
with cylindrical shape in absorber geometry. aH and zH denote fitted parameters

corresponding to geometry of absorber and top of the absorber, respectively.

The Helmholtz damper absorbs at certain narrow frequencies but amplifies at neigh-

boring frequencies as observed in Figure 3.2B (upper line at around 2:00 h and 8Hz)

(De Bedout , 1996).

The classical Helmholtz resonator is defined for the resonance in a circular resonance

body with narrow neck. As moulin geometry is more similar to a narrow but long pipe, we

used the definition by Panton and Miller (1975), who extended the classical Helmholtz

formula to a cylindrical resonator with length L > λ16 as follows:

fH(t) = cH ·
[
(HH(t) − zH) · (aH +

1

3
· (HH(t) − zH))

]− 1
2

(5.3)

cH denotes the acoustic wave speed in air of 331m s−1 and HH(t) is distance between

ice surface and the water level changing over the duration of the tremor episode. We

inverted for the geometrical factor aH representing diameter, length of the neck and

cylinder geometry and for zH describing the top of the resonator. Figure 5.8 shows the

extracted gliding bandgaps from 21 July (see spectrogram in Figure 3.2B) with the lower

gliding bandgap drawn in triangles and the upper gliding bandgap with circles. The

color code represents the time elapsed since the beginning of the absorption and reveals

a hysteresis for the upper gliding bandgap with higher frequencies (y-axis) at the end of

the tremor episode in comparison with the same moulin water head (x-axis). Assuming

the snow bridge is a main contributor to the system, we explain the hysteresis with the

fast melting snow on the bridge.

Using equation 5.3 we performed a least squares fit to determine aH and zH . The

resulting curve (Figure 5.8, blue line) cannot represent the observed nearly linear corre-

lation between frequency and water level. Furthermore, we would expect the result for
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zH to be near 0m because in our model the top of the resonator is the snow bridge at

the moulin entrance. Thus a value of 56.3m for zH derived based on the inversion is not

reasonable.
The correlation between the upper and the lower gliding bandgap is also unknown. We

lacked a distinct upper gliding bandgap at the beginning of the observation period, hence

the upper gliding bandgap was unlikely to denote a higher mode of the resonance model.

Supporting this assumption is the fact that the next higher mode could be expected to

be found at frequency ranges higher than 25Hz calculated using the parameters derived

above (Panton and Miller , 1975). The upper gliding bandgap might be connected to

an additional Helmholtz absorber due to a new, additional opening in the snow bridge

(there are no photographs from this time period). However, with an estimated aH -value

(diameter) of almost zero (Figure 5.8, green curve), the model defined via equation 5.3

is even less reasonable for the upper gliding bandgap.
Further testing using different geometries, for instance a cone (Alster , 1972), did not

improve the quality of the result. Therefore we conclude that the complex and narrow

geometry of the resonance body and also the interaction of the air with the highly

turbulent falling water act in an unknown manner on the absorption of frequencies.

Tremor shut-down

The spectrogram time series of the seismic signal (Appendix A) reflects in a qualitative

way the evolution of the moulin tremor over the duration of the season. Moulin tremors

at the beginning and end of the season are less energetic and shorter in duration. On 13

August, there occurred an exceptional ‘shut-down’ of the moulin tremor lasting several

hours (Figure 5.9) which enabled us to verify our source model based on this special case.

We observed a strong and sudden decrease in tremor amplitude, though not a complete

shut-down visible with the characteristic distribution of the energy with the horizontal

bandgaps in the spectrogram (Figure 5.9 with zooms). As we pointed out in chapter 3,

the tremor amplitude depends on the water jet hitting the surface of the water inside

the moulin. Thus the shut-down must coincide with a sudden decrease in water impact

on the water surface inside the moulin while the resonating body remains unchanged.

Prior to the shut-down we observed a burst of about 6 s of seismic energy (Figure 5.10,

left). The seismic signal was located using NonLinLoc (for more information see chapter

2.4.4 and Lomax et al. (2000)). The location uncertainty of several hundred meters

visible with the scatter density cloud (Figure 5.11, red points) and the confidence ellipse

(blue) were caused by large uncertainties in arrival time picks of the complex waveform.

Nevertheless, the icequake can still be assigned to the moulin (blue cross). This burst of

seismic energy followed a decrease in tremor amplitude that coincided with a significant

step in water level inside the moulin of 5m within 5min (marked in red in left zoom
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Figure 5.9: Moulin water level (top panel), seismic waveform (middle panel) and spec-
trogram (lower panel) of a moulin tremor with a shut-down in amplitude starting at
around 21:40 UTC. The shut-down correlates with a high-amplitude icequake (marked
in light red in the waveform) and a sudden increase in moulin water head (marked in
red). The tremor regained its strength again coincident with a second, weaker, icequake.
Note that the characteristic frequency content and horizontal bandgaps remained dur-
ing the partial shut-down. Therefore, though reduced, water continued to impact the
moulin water surface while resonance and the propagation mechanism remained active.
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Figure 5.10: Waveform (upper panel) and spectrogram (lower panel) show seismic
events coinciding with the beginning and end of shut-down period of moulin tremor.
Moulin tremor corresponds to the always visible band at about 4Hz. left: burst of
seismic energy followed by increased background noise. right: Weaker and shorter

icequake coincided with end of tremor shut-down.

Figure 5.9). This step is the highest change rate in the moulin water level measurements

observed during the entire measurement period. The special shut-down correlated with

seismic events can be explained by a large block of ice falling off the wall of the moulin

shaft and creating a platform inside the moulin. The sudden increase in water level was

then caused by a concurrent ice avalanche falling into the water. The ice blocked the

moulin shaft and decreased the falling height of the water, and thus the amplitude of the

signal.

After about 1.5 hours of weak tremor amplitude, the tremor returned to full energy.

This again coincided with a weaker shallow icequake (Figure 5.10 right and 5.9, right

zoom). By means of frictional melt from the impact of the falling water, the block eroded

and subsequently fell into the water, again accompanied by the release of seismic energy

in the form of the second, weaker and shorter burst of seismic energy. No significant

change in water level coincident with this second ice fall was observed. This can be

explained by the observation uncertainties of the moulin water level and the reduced size

of the ice block due to melt prior to its final fall.

5.3 Conclusion

With the seismic network installed in the ablation zone in Greenland we were able to

directly monitor brittle deformation and glacier dynamics represented by short duration

seismic signals (<1 s) as well as the hour-long lasting moulin tremors. Short duration

signals (icequakes) were located at different depths and caused by fracturing related to

ice. These icequakes occurred either at shallow, intermediate depths or in the immediate

vicinity of the glacier bed.

Shallow icequakes were the most common seismic signature and are usually related to

the opening and closing of surface crevasses. They dominated the continuous seismic data

stream and occurred most often in the afternoon hours when large amounts of surface
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Figure 5.11: Location of icequake designated with the shut-down of the tremor es-
timated using NonLinLoc. Red points correspond to the scatter density cloud with
the blue star representing the most probable hypocenter location. The moulin (blue
cross) lies within the location uncertainty. The vertical profile (lower panel) shows large
uncertainties in depth resulting from the complex signal characteristic and thus arrival

picks with high uncertainties.

meltwater were routed to the glacier base, thus ice flow velocity was high. Intermediate

icequakes originate below the typical fracturing depth of surface crevasses and are related

to englacial hydrofracturing (e.g., Walter et al., 2009; West et al., 2010; Röösli et al.,

2014). In order to overcome ice overburden pressure, water is required to induce tensile

fracturing below the surface crevassing zone (van der Veen, 2007). Furthermore, we

detected an intermediate icequake with a monochromatic coda known as hybrid event

(Chouet , 1996). Hybrid icequakes are explained by the occurrence of hydrofracturing

with a subsequent rush of water into the freshly opened space (West et al., 2010). The

third detected type of short duration icequakes is located in the vicinity of the glacier bed.

Thusf or the first time we studied icequakes originated at the bed of the Greenland Ice

Sheet. The seismic waveforms show strong similarity to icequakes detected in Antarctica

(e.g., Smith, 2006) and accordingly our waveforms revealed stick-slip source mechanisms

(Figure 4.5). This ice sheet flow behavior characterizes the entire monitored region

(Figure 4.4).

The short duration icequakes with impulsive onset and separated phases are opposed
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to seismic tremors, that last from tens of seconds to several hours. Tremors lack clear

seismic phases and impulsive onsets and are therefore more challenging to locate and

characterize (Chouet , 1996). Nevertheless, the attenuation of our hour-long seismic

tremor (observed at all installed seismic stations) revealed that this tremor source was

the moulin located in the center of the seismic network. The tremor waveform is char-

acterized in first order by changing tremor amplitude, changing frequency content and

particle motion. The falling water entering the moulin from the surface stream trig-

gered resonance of a water column of 20-75m height interacting with the bottom and

the wall of the moulin. The generated signal then interacted with the surroundings and

was influenced by second-order effects such as different types of bandgaps. Bandgaps

are possibly caused by the interaction with fractures along the moulin wall or resonance

in water-filled chambers (horizontal bandgaps), and with the snow bridge at the moulin

entrance for the gliding bandgaps. Thus the complex waveform is a convolution of (1)

trigger function, (2) resonance and (3) propagation mechanism (Figure 3.5).

Moulins are responsible for the fast reaction (within hours) of ice flow to meltwater

flow changes (Hoffman et al., 2011). They route surface meltwater to the glacier bed

within minutes (Gulley et al., 2012), where it affects subglacial water pressure. This

influences the subglacial water pressure only at discrete points (Gulley et al., 2012) and

can generate large stresses between isolated and hydraulically connected areas resulting

in a delayed reaction of ice deformation in isolated regions (Ryser et al., 2014b). Nev-

ertheless, their influence on glacier basal motion and development over the season or

over several seasons is not well known. One reason certainly is the difficulty to access

and study the interior of a moulin. This study provides new perspectives for exploring

moulins.

With our seismic observations we were able to study not only the geometry and

evolution of the moulin as the water enters the englacial drainage system, but also the

effect of changing moulin water levels influencing (through englacial conduits) locally

the stick-slip movement of the ice sheet. Both types of signal, seismic tremors and

basal icequakes, allow englacial and subglacial water flow and their influence on glacier

dynamics to be monitored directly.

5.4 Outlook

Glacio-seimological observations on the GrIS are rare and thus it is likely that the present

analysis of the dataset has not captured all possible types of short- or longer-term seismic

signals. Further valuable pieces of information can surely be gained in future studies.

A major challenge of a glacio-seismological dataset is the numerous amount and broad

variety of seismic signals (Figure 2.2) resulting from quickly changing ice dynamics and
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hydraulic conditions in ablation zones. The different timescales of seismic signals, rang-

ing from subseconds to several minutes or even hours, complicate the development of

automatic tools for the detection of different seismic signals. Our detection of basal ice-

quakes targeted the entire study area; nevertheless, there were more clusters observed at

a few stations that were not subject to the data processing of this thesis. Because our

method included a significant amount of manual work and prior knowledge of icequake

characteristics, we plan to develop the technique further to carry out automatic scans of

the data stream and to search for previously unknown types of icequakes.

At first order, the waveforms of all basal icequakes share a similar pattern of impulsive

P-wave followed by a lower-frequency S-wave. At the same time, the basal icequake

catalog also includes icequakes with substantially by different waveform patterns in the

form of more scattered and longer P-waves or indications of anisotropy influencing S-

wave arrivals as shown in Figure 5.3. A detailed analysis and modeling of the waveforms

will give further insight into icequake sources, fault plane orientations and possible site

effects. Determining fault plane orientations is particularly important because several

events had low-quality P-wave arrivals unsuitable for polarity measurements. Moreover,

there is evidence of focal mechanisms, which differ from low-angle thrust faults (to be

expected for glacial slip in the direction of glacial flow).

Furthermore, we confirmed the existence of intermediate icequakes located below the

crevasse zone (Figure 2.7). These icequakes have not been analyzed in detail but were

already included in our icequake catalog. A detailed analysis will give further insight

into hydrofracturing and englacial water storage (e.g., Fountain et al., 2005; Walter et al.,

2009). Further, spacial and temporal occurrence of englacial icequakes as well as shallow

icequakes will reveal regions of high stresses caused by changing surface velocity and

bedrock topography.

Certain improvements in seismic instrumentation bring important improvements in

data quality. In general, a higher sampling rate (> 500Hz) reduces spurious effects from

undersampling the high frequency P-wave onsets of deep and intermediate icequakes.

Good-quality three-component seismic waveforms are crucial for the analysis of magni-

tude estimations and moment tensor inversion. In particular, known orientation with

an uncertainty range and a horizontal installation (persistent amplitudes) of the sensors

are important for the reliable estimation of source parameters and magnitudes. In the

present study, unknown orientation of borehole seismometers complicated the analysis.

In a future campaign, the orientation of borehole stations can be derived by performing

simultaneous measurements using a seismometer installed at the ice surface with known

orientation. Additionally, calibration of the seismic network and seismic wave velocity

can be achieved by the use of a known active source generated for instance by explosives

or the stroke of a hammer.
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For the present seismic campaign, station maintenance was extremely time-consuming

and required daily leveling due to high meltrates. High maintenance costs prevented the

recording of a longer time series and the regular visits raised susceptibility to (human)

error and uncertainties due to the routine reorientation of the seismometers. Neverthe-

less, a more regular leveling of the seismometers would increase data quality in particular

for the more sensitive horizontal components. Furthermore, the effects on the measured

amplitude due to uncertainties in the leveling and the quality of seismometer coupling

with the ice are unknown.

To date, glacier-seismologists had to rely primarily on seismometers designed for

observing earthquakes. Seismometers installed on glaciers, however, experience other

influences than those installed on solid ground. The power supply, in most cases gen-

erated by batteries and solar panels, may be limited and thus constrain sampling rates

and duration of the observations. In addition, rapidly changing temperatures and high

humidity cause seismic stations to suffer outages. Therefore, seismic sensors designed for

the difficult environment on glaciers would improve data quality. Efforts in this direction

are already underway, for instance by scientists at Penn State University, USA (Urbina

et al., 2014). They designed and developed the so-called geoPebbles (Figure 5.12), a

promising low-cost instrument (2200 $) with minimal battery consumption, compact in

shape (no cable exposure), and including a GPS sensor for tracking the position. The in-

struments provide wireless data transmission and require only low maintenance because

alignment can be done in retrospect as tilt and bearing are recorded.

For a future campaign, the network design can be adapted in accordance with the tar-

geted sources. For monitoring moulins, a seismometer installed right above the entrance

of the surface stream would help to clarify the distinction between seismic near-field,

far-field and source effects on the observed seismograms. On the other hand, if deep ice-

quakes are the primary target of an investigation, a test campaign for identifying regions

of interest would be useful for the subsequent deployment of a denser and larger seismic

network. The value of this procedure is supported by the findings of Dalban Canassy

et al. (2015) on Rhonegletscher, Switzerland, which show that basal icequake clusters

can be active for the duration of two seasons or more. They furthermore revealed that

a high resolution dataset of glacier bed topography improves the significance of the in-

terpretation. Specifically, active seismic sources can uncover more details in glacier bed

topography and glacier bed properties (e.g., Blankenship and Bentley , 1987; Rabenstein

et al., 2014).

Last but not least, the support with additional glaciological datasets is a valuable

tool for the interpretation of seismic data. The water level measured inside the moulin

provided crucial information for our study of both moulin tremor and basal icequakes.

In addition, stream water levels provided useful further information, even when the

calculation of total stream discharge into the moulin was subject to large uncertainties.
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Figure 5.12: Left: Installation of a seismic station on the Greenland Ice Sheet in 2011
with solar panel (energy supply), GPS (timing) and orange box, including digitizer and
battery. A seismic borehole sensor was installed underneath a white tarp for insula-
tion. Right: geoPebble seismic sensor (small white box) placed on Aletschgletscher,

Switzerland, 2015.

In conclusion, GPS measurements of surface velocity are crucial and co-located GPS and

seismometers will allow icequakes to be studied in terms of horizontal glacial flow and

uplift.
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Appendix A

Spectrograms for the entire period

of measurements of stations FX01

and FX06

The images on the following pages show spectrograms for the entire measurement period

observed on seismic station FX01 (Figure A.1, closest to the moulin) and FX06 (Figure

A.2, second closest), respectively.

– Upper panels (blue line): moulin water level measured from ice surface, dashed

lines show that water level dropped below the sensor (data gap).

– Middle panels (red line): seismic waveform Butterworth bandpass filtered for 2-

5Hz.

– Lower panels: spectrogram in logarithmic scale for frequency content 1-35Hz visible

with the moulin tremor in red and pink ’smileys‘. Vertical red or pink lines denote

times of high noise mostly caused by a tilted seismic sensor. Vertical white lines

denote data gaps during station maintenance.
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Figure A.1: Station FX01 (closest to the moulin)
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Figure A.2: Station FX06 (second closest to the moulin)





Appendix B

Estimation of beginning and end of

the moulin tremor in comparison

with the moulin water level

The emergent characteristic of the tremor beginning results in high uncertainties for

waveform picking. Therefore, we use the highest degree of waveform coherency in order

to define the beginning and end of the tremor. A sudden change in coherency, indicated

with the cross-correlation factor for station pairs, was used. We calculated the cross-

correlation factor for a station pair for the entire period of measurements with sliding

time windows of 1min and an overlap of 50%. Cross-correlation factors for three different

station pairs for one day are shown in Figure B.1A. The beginning of the tremor is visible

with a sudden jump in cross-correlation factor with about 0.4 with high fluctuations to

0.8-0.9 with less fluctuation for all three station pairs. The sudden short drops of the

cross-correlation factor during the tremor episode are caused by several high amplitude

icequakes related to surface crevasses located northwest from the network. We manually

picked the onset of the tremor at the beginning of increase of the correlation factor

and assigned uncertainties to the picks (Figure B.1A1). The end of a tremor is again

characterized with a drop in cross-correlation coefficient; however, due to a lower signal-

to-noise ratio (SNR), mostly less distinct than the beginning, hence error bars are larger

(Figure B.1A2). The picks and uncertainty levels were then compared to the concurrent

moulin water level. Note that the moulin water level measurements were recorded with

a sampling rate of 5min and a resolution of 1m with no measurements when the water

level dropped more than 163m below the ice surface. The comparison between the picked

onset and concurrent moulin water level (Figure B.1) shows a temporal evolution that

can be divided into three parts: from beginning until 23 July, between 28 July and 10

August and between 11 August and 16 August 2011. The three time windows could be

correlated with changes in tremor characteristic that we see on the spectrograms (see
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Figure B.1: Evaluation of the moulin water level at the beginning and end of each
tremor episode. A: Example of a tremor episode with the cross-correlation coefficient
calculated for three station pairs, with a sudden increase in correlation factor when
tremor begins. B: Zoom into the beginning and end of the tremor episode shown in
panel A. The manual picks of the most probable beginning of the tremor and uncertainty
boundaries are drawn with vertical lines. C: Time series of the comparison between
beginning (black) and end (grey) of the moulin tremor with the water level inside the
moulin. The error bars denote water height considering the picked uncertainty levels.
An open ended error bar correspond to a tremor episode with high uncertainties and to
a pick of the latest pick when the water level were dropped below the pressure sensor (no
data). Purple and blue colors mark time windows without moulin tremor occurrence

and sensor outage, respectively.

the time series of spectrograms in the Appendix A). Note that the tremors in the first

and last part of the observation period have lower amplitudes and a lower SNR that

might affect the detection capability hence a later picking of the beginning resulting in

an overestimation of moulin water level (closer to the surface).



Appendix C

Hypocenter location of individual

deep icequakes and icequake clusters

This appendix contains the first electronic supplement of the submitted paper shown

in chapter 4 and contains detailed information about the comparison of the hypocenter

location derived by picking of S- and P-phases for individual icequakes and icequake

clusters (from the stacked waveforms), respectively.

In Figure C.1 we show the results from NonLinLoc comparing hypocenter locations

derived by individual icequakes per cluster and the location of the stacked waveform.

Panel C.1A shows the epicenter location of the located waveforms. The green, light blue

and yellow probability density function point clouds (PDF) correspond to locations of

individual icequakes with their most probable icequake source location marked with blue

stars. Icequakes of the green clusters are strongest in amplitude and signal to noise ratio

(SNR) and therefore most picks for P- and S-wave are possible and the PDF is most

compact (6-14 picks for P-wave and 2-4 picks for S-wave). The yellow cluster is least

constraint with lowest SNR of individual icequakes and therefore the PDFs are larger

(6-8 picks for P-wave and 1-2 picks for S-wave).

Due to the low amplitude of most of our icequakes, we locate them with stacked

waveforms in order to improve the SNR and the number of possible picks for P- and

S-waves. Red PDFs refer to hypocenter locations picked on the stacked waveform. It is

possible to pick more P-phases and especially more S-phases on the stacked waveform

and therefore the PDF is better constraint. For instance, for the yellow cluster we are

able to pick 12 P-waves and 5 S-waves that doubling number of picks for hypocenter cal-

culation. Each point of the PDF’s correspond to one solution of the grid search algorithm

of the Oct-Tree search meaning, that each point corresponds to one possible location of

the hypocenter. Because we have overlapping PDFs, we can assume that the solutions

for individual earthquake location and stacked waveform are identical within the uncer-

tainty ranges of the solutions. Panel C.1B show the hypocenter locations on east-depth
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Figure C.1: A: epicenter locations for three individual icequakes (colored PDFs)
and the corresponding epicenter for the stacked waveform (red PDFs) with the most
probable epicenter location (blue stars and black stars, respectively). B: vertical profile
1 and 2 with glacier bed (brown line) and glacier surface (blue line), showing that
the single (colors) and stacked (red) PDF’s overlap and all clusters are located in the

vicinity of the glacier bed.

profiles. The glacier bed profiles are extracted from interpolated radar measurements

(DTU-Space, 2005; Gogineni , 2012; Ryser , 2014) shown in Panel C.1A with the colored

background. Note, that the profiles have an absolute accuracy of 60m derived from

comparison with boreholes drilled to the glacier bed (Ryser , 2014). The clusters are all

located clearly in depth below the ice surface and within the uncertainty range in the

vicinity of the glacier bed (brown line).



Appendix D

Scaling procedure for deep icequake

moment magnitudes and a

sensitivity analysis

This appendix contains the second electronic supplement of the paper shown in chapter

4 and contains the detailed procedure used for scaling of moment magnitudes for all

individual icequakes detected within the campaign. Furthermore, the sensitivity analysis

shows the high influence of the chosen fault plane orientation on the resulting moment

magnitude.

From our detection and classification algorithm we determine the amplitude in counts

per detection derived by the maximum P-wave amplitude. Following, we calculate the

moment magnitude from the SH-wave after equation 4.2. However, due to high and

changing background noise and small amplitude icequakes, we often lack clear SH-wave

usable for reliable estimation of the moment magnitude. Therefore, we develop a scaling

relation between the P-wave amplitude in counts and the moment magnitude estimated

with the SH-wave calculated from displacement estimated with equation 4.2 and 4.3.

First, we derive a conversion between SH-wave amplitude and P-wave amplitude that is

linear. Second, we calculate a relation between the amplitude of the SH-wave and the

integrated displacement of the SH-wave (Figure D.1). Figure D.1 shows the amplitude

and integrated value of the SH-wave calculated for more than 300 icequakes for cluster

4 at station FX12 (Figure 4.4 and 4.7). Only icequakes with cross-correlation factor

more than 0.85 are used for the scaling due to their high signal-to-noise ratio and clear

S-waves. With a robust fit using Matlab’s bisquare algorithm we derive a linear relation

with a root mean square value of 0.69. We constrain the equation with zero amplitude

corresponding to zero integrated displacement. We verified, that the relation is also valid

for other clusters and stations. However, we lack other clusters with high amplitude

SH-waves that we could use for reliable estimation of the SH-wave for more than 30
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individual icequakes. In order to minimize other constraints and assuming that we have

similar frequency content of the SH-wave for all clusters, we use this one cluster and

station for deriving the scaling relation. Nevertheless, we need to keep in mind, that we

may introduce biases for the moment magnitude between the different clusters. With the

estimated relation we calculate the seismic moment after equation 4.2 depending on the

position of the station in relation to source hypocenter. Here, we calculate one radiation

coefficient (Aki and Richards, 2002) and hypocentral distance R per cluster. Because

of limited knowledge we assume having the same fault plane orientation for all clusters

with a dip of 5◦ and strike of 150◦ (perpendicular to flow direction). The orientation of

the fault plane is defining the radiation pattern of the energy emitted from the icequake

and therefore the amplitude of the SH-wave observed at a certain station. However, this

assumption might not be completely true for all clusters due to the rough glacier bed

topography. Thus, we tested the sensitivity of our moment magnitudes on the assumed

fault plan orientation shown in Figure D.1B. We tested the results for variation in dip

of ±5◦ and strike of ±10◦ representing reasonable variations in glacier dynamics (larger

green cross represents the reference case). The sensitivity is shown for cluster 4 in Figure

D.1B2 (see also Figure 4.4 and 4.7) and a cluster lying between station FX03 and FX04

in Figure D.1B2 (Figure 4.1). The sensitivity depends strongly on the relative location

and radiation pattern of the hypocenter to the used station. We have variations of up to

0.5 in magnitude for the cluster shown in Figure D.1B2. With a total variation of about

0.3 in moment magnitude within one cluster, we might have strong biases in absolute

magnitudes for some clusters. Up to know, we are not able to give better estimates of

the fault plane orientations or the absolute energy or moment magnitudes. Thus, we

forego the comparison of moment magnitudes between the clusters. We only consider

the variations within one cluster as a variation represents directly a change in amplitude

due to assumed constant fault plane orientation for the entire cluster.
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Figure D.1: A: relation of the SH-wave amplitude and the integrated displacement
for single icequakes of one cluster. The regression curve is showing a linear relation
between these values. B: B1 and B2 showing the sensitivity on calculating the moment
magnitude with different cases of strike (x-axis) and dip (colors) for the fault plane
orientation. The larger green cross corresponds to the in the processing used fault

plane orientation of 5◦ dip and 250◦ strike.





Appendix E

Cluster Types

The images on the following pages show the 19 largest icequake clusters used for the

analysis of icequake types shown in Figure 5.4. The colors correspond the Types 1-4

(green, blue, orange, purple) in line with the colors used in Figure 5.4. Upper panels

show the numbers of icequakes distributed over the hours of the day and the name of a

cluster is labeled in the top left corner. Lower panels show the magnitude distribution

separated between morning (0-12 h, local time) and afternoon hours (12-24 local time).

Clusters named with AL (Type 1, green), DG (Type 2, blue), AA (Type 3, orange) and

AK(Type 4, purple) correspond to the example clusters shown in Figure 5.4. Note, that

some clusters can be attributed to different clusters and the classification is performed

visually and thus subjective. Further analysis needs to include statistically significant

parameters for the rating.
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